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SNOW AND CLIMATE

The extent and variability of seasona snow cover are important parametersin the
climate system, due to their effects on energy and moisture budgets, and because
surface temperature is highly dependent on the presence or absence of snow cover.
In turn, snow-cover trends serve as key indicators of climate change.

Inthelast two decades many new methods and techniques have becomeavailable
for studying snow—climate relationships. Satellites provided the first capability for
monitoring snow-cover extent at continental and hemispheric scales, enabling the
investigation of synoptic-scale snow cover—climate linkages. This global view of
snow cover has been accompanied by rapid advances in snow modeling physics
to represent snow cover and snow processes in Global Climate Models (GCMs).
These advances have changed the way we look at snow cover, and the main goal of
this book isto provide an up-to-date synthesis of the current state of snow—climate
science that reflects this new perspective. This volume will provide an excellent
synthesis for researchers and advanced students.

RICHARD ARMSTRONG isaSenior Research Scientist at the National Snow and
|ce Data Center, the World Data Center for Glaciology and the Cooperative Institute
for Research in Environmental Sciences at the University of Colorado. His current
research includes remote sensing and evaluation of fluctuationsin snow cover and
glaciers asindicators of climate change.

Eric BruN is Head of Research at Mé&téo-France and Director of the Centre
National de Recherche Météorologiques. Heisaspecialist in snow and avalanches
and developed origina methods to assess the impact of climate change on snow
cover and alpinerivers.
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This book is dedicated to the memory of Professor Donald M. Gray, (1929-2005),
Chairman of the Division of Hydrology, University of Saskatchewan, and editor
(with David Male) of the Handbook of Show: Principles, Processes, Management
and Use (1981), which is one of the earliest books to include a complete review of
snow physics, accumulation and ablation processes and associated meteorol ogy
and climatology. Don pioneered the study of snow in Canada with an insistence
that its study include a strong physical and observational basis, the full coupling
of the mass and energy equations and consideration of atmospheric as well as
surface processes. His contributions to this book are greatly appreciated.
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Preface

While the idea of a book with afocus on snow and climate had been discussed for
several years previous, it first took formal shape at a meeting of the International
Commission on Snow and Ice (ICSI) of the International Association of Hydro-
logical Sciences (IAHS) in Victoria, British Columbia, Canada in 1996. At that
time, agroup was formed within the ICSI Division of Snow Cover and Avalanches
(chaired by Eric Brun) to begin work on an outline of a state-of-the-art book that
would focus on the relationships between snow and climate. A basic outline of the
book was devel oped and section |eads were assigned to coordinate the devel opment
of detailed outlines of each individual chapter. Werecognized that the study of snow
and climate was a rapidly evolving science and that there were new demands for
detailed representations of snow processes to provide an up-to-date understanding
of the physical processesin snow and to support modeling for climate change sce-
narios. The earlier Handbook of Snow (Gray and Male, 1981) provided excellent
information on the principles, processes, management, and uses of snow, but no
similar book had been published in the intervening two decades. Because we envi-
sioned that thisbook would perhaps bethe only example of an overview of snow and
climate available, we agreed that the audience should be broad. Our intent is that
this new scientific and comprehensive treatment of the subject of snow and climate
becomes a fundamental reference text for university undergraduate and graduate
students as well as a reference guide for instructors in secondary schools to assist
them in teaching about snow and climate. Because of the world wide interest in
snow and snow processes among winter recreationists and much of the general pub-
lic living in cold regions, this book should also offer a source of basic information
for those with only a limited scientific background. Regardless of audience, the
fundamental purpose of thisbook isto introduce the basic scientific principles that
enable us to understand the rel ationships between snow and climate.

Researchers have long been aware of the important role of snow in the climate
system. For example, studies on snowfields in Scandinavia were undertaken by

Xi



Xii Preface

Sverdrup (1935) and Wallen (1949). Later, Houghten (1954), Budyko (1956), and
Geiger (1959) included the effect of snow intheir studies of the surface heat balance
and the associ ated snow—al bedo feedback while Lamb (1955) was one of thefirst to
look at the synoptic-scal e influence of snow cover. Williams (1975) was one of the
first to explore the influence of snow cover on atmospheric circulation and climate
change. In the decades since these studies, many new methods and techniques have
become available to study snow—climate relationships. Satellites provided the first
capability for monitoring snow-cover extent at continental and hemispheric scales,
thus enabling the investigation of synoptic-scale snow cover—climatelinkages. This
global view of snow cover was accompanied by rapid advances in snow modeling
physics to represent snow cover and snow processes in Global Climate Models
(GCMs). These processes have changed the way we look at snow cover, and the
main goal of thisbook isto provide an up-to-date synthesis of the current state of
snow—climate science that reflects this new perspective.
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Nomenclature

Symbol  Description Section Value Units (S1)
a Parameter, saturation vapor pressure 2 hPa
a Parameter, effective thermal 4 Wm2K-1
conductivity
a Parameter, albedo weight function 4 m~1
as Parameter, albedo weight function 4 m~!
ay Parameter, dimensionless sensible 3
heat flux
a5 “Saltation efficiency” coefficient 3 0.68 ms1
A Specific surface of snow 2 m? m3
b Parameter, saturation vapor pressure 2
by Parameter, effective thermal 4 mé kgt s3
conductivity K-t
B Bowen ratio Hg/H| 3
B. Lower limit for Bowen ratio 3
c Parameter, saturation vapor pressure 2 °C
C1 Parameter, apparent changein 3 0.1203
roughness length
C2 New snow drift coefficient 3 08 x 1074 $m2
Cousp Mass concentration of suspended 3
snow
Cean Canopy closure 3
Cha Specific heat of air at constant 2,3 1005 Jkg 1K1

pressure and at 273.15 K
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Nomenclature XV
Symbol  Description Section Vaue Units (S1)
Coi Specific heat of ice at constant 2,3 2114 Jkg 1 K?
pressure and at 273.15 K
Cp.t Specific heat of water at constant 2 4217 Jkg 1K™t
pressure and at 273.15 K
Cos Specific heat of snow at constant 2 Jkg 1K™t
pressure
C Shape factor 2 m
Chq Bulk transfer coefficient 3
Co Bulk transfer coefficient for 3
momentum
Chx Bulk transfer coefficient for heat 3
Co Bulk transfer coefficient for water 3
vapor
Con, Cyn, Parameters, bulk transfer 3
Con coefficientsin terms of the bulk
Richardson number
d Geometrical grain size or diameter 2 m
dopt Optical grain size 2 m
Dg, Da  Diffusion coefficient of water vapor 2, 3 m? st
inair
D¢ Diffusion coefficient of water vapor 2 m2s1
in snow
Dps Horizontal blowing snow transport 3 kgm™!
Dsat Saltating transport of blowing snow 3 kgmts?
Dsusp Suspension transport of blowing 3 kgmts?
snow
E Sum of sublimation and evaporation 3 kgm—2s?t
rate at surface
Equbl Surface sublimation rate 3 kgm—2s?t
Eevap Surface evaporation rate 3 kgm—2s?t
Eps Sublimation rate of blowing snow 3 kgm2st
f Parameter, compaction 2
F Heat flux 2 W m—2
fs Weight function for albedo 4
g Acceleration due to gravity 2, 9.81 ms2



XVi Nomenclature
Symbol  Description Section Value Units (S1)
G Ground heat flux 3 W m—2
Gy Enhancement factor for grain growth 2 m
h Capillary rise 2 m
hsp Portion of bare ground sensible heat 3 W m—2
advected to a snow patch
h, Lower boundary for suspended snow 3 m
(upper boundary for saltating snow)
h Mass transfer coefficient 2 ms?
H Internal energy of the snowpack 3 Jm~?
Ho Latent heat flux 3 W m—2
Hp Energy flux carried by precipitation 3 W m—2
and blowing snow
Hs Sensible heat flux 3 W m—2
Hsp Sensible heat flux over bare ground 3 W m—2
Hss Sensible heat flux over acompletely 3 W m—2
snow-covered fetch
H's Dimensionless sensible heat flux 3
HN,, New snow depth due to blowing and 3 m
drifting snow
HS H Depth of snowpack, snow depth 2,3,4,5 m
I Snow interception 3 kgm—2
I Interception before unloading 3 kgm™2
k Thermal conductivity 2 WmtK-1
Ka Thermal conductivity of air 3 WmtK-1
K Permeability of the interconnected 2 m?
water pathways in wet snow
Kk Cryoscopic constant for water 2 1.855 K kg mol 1
Ka Snow clump shape coefficient 3
Kest Effective thermal conductivity 2 wmlkK-1
k Thermal conductivity of ice 4 wmlk-1
K Intrinsic or saturated permeability 2 m?
K Permeability of phasekin 2 m?
unsaturated wet snow
Kk Relative permeability of phasekin 2
unsaturated wet snow (=Ky/K)
Lie, Ly Latent heat of fusion for ice at 2,3 3335 x  Jkg?!
273.15K 10°



Nomenclature XVii

Symbol  Description Section Vaue Units (S1)

Liv, Lyi Latent heat of sublimation foriceat 2, 3 2.838 x Jkg?!

273.15K 106

Lev, Lye  Latent heat of evaporation for water 2, 3 2.505 x Jkg?!
a 273.15K 108

Lji Latent heat of phase changefrom 2 Jkg!
phasej to phasei

Ly Snow load 3 kg m~2

Lo Initial snow load 3 kg m2

L Maximum canopy snow |oad 3 kg m—2

Lip Maximum snow load per unit areaof 3 kg m—2
branch

Lo Obukhov length 3 m

Ly Net flux of longwave radiation, 3 W m—2
Ly + Lt

LAI Winter leaf and stem areaindex 3 m? m—2

L Maximum canopy snow load 3 kgm—2

L) Downward component of longwave 3 W m—2
radiation

Lt Upward component of longwave 3 W m—2
radiation

m Parameter, water saturation (van 2
Genuchten)

M Molality of species 2 mol kg ~*

my Mass of single blowing snow particle 3 kg

m Mass growth rate of snow particle 2 kgs

M Snow mass per unit surface area 3 kgm—2

n Parameter, water saturation (van 2
Genuchten)

Nu Nusselt number 3

Nre Particle Reynolds number 3

p Pressure 2 Pa

Pa Atmospheric or air pressure 2 hPa or Pa

Pe Air-entry pressure 2 Pa

Pk Pressure of constituent k 2 Pa

Pa Capillary pressure or pressuredrop 2 Pa

(pa—p¢) across air/water interface



XViii Nomenclature

Symbol  Description Section Value Units (S1)
Pij Pressure drop (p; — pj) acrossi/j 2 Pa
interface
Pv.sat k Saturation vapor pressure over aflat 2 hPa
surface with respect to constituent k
Py sat k Saturation vapor pressure over a 2 hPa
curved surface with respect to
constituent k
P Precipitation rate 3 kgm—2st
P Accumulated precipitation 3 kgm—2
Pe Peclet number 2
Ppos Probability of blowing snow 3
occurrence
o} Phase change thermal sourceterm 2 W m3
Q Specific humidity 3 kg/kg
Qo Specific humidity at the snow surface 3 kg/kg
Ra Rayleigh number 2
Mot Particle radius 3 m
Mot Nominal snow particle radius 3 0.0005 m
Mo Tube radius or equivalent pore radius 2 m
g Snow grain radius 2,3 m
Ragit Critical Rayleigh number for onset 2
of convection
Re Reynolds number 3
Rig Bulk Richardson number 3,4
R, Gas constant for water vapor 2 461.50 Jkg 1K1
Re Freezing rate 3 kgm—2st
Rv Melt rate 3 kgm—=2s1
Rn Net radiative flux at the snow 3 W m—2
surface, Sy + Ly
Rrunoff Runoff rate at snow—soil interface 3 kgm—2s1
s Liquid water saturation (6,/¢) 2
S Irreducible or immobile liquid water 2
saturation
s Effective liquid water saturation 2
[(s—=s)/(1-5)]
S Phase change mass source term 2 kgm—3s1
Sh Sherwood number 3



Nomenclature Xix

Symbol  Description Section Vaue Units (S1)

Soa Solar radiation flux at the top of the 3 W m—2
atmosphere

CA Proportion of snow-covered area 3

SN Net flux of shortwave radiation, 3 W m—2
Sl +St

SWE Snow water equivalent 2,3,4,5 kg m~2 (or

mm w.e.)

S| Downward component of solar 3 W m2
radiation

St Reflected component of solar 3 W m—2
radiation

t Time 2,3,4 S

th Snow surface age 3 hours

T Temperature 2,3 Kor°C

Ty Melting point depression, 273.15—-T 2 K

To Melting temperature 273.150r 0°C 2 Kor °C

To, To Snow surface temperature 3,4 Kor°C

Tosp | ce sphere surface temperature 3 K

Ta Air temperature 3,4 Kor°C

Ts Snow temperature 3 Kor°C

T Snow temperature gradient 2 Kmtor

°C m—l

Timean Mean air temperature in layer of 3 K
depth Cref

u Wind speed 3 mst

U1o Average hourly 10-m wind speed 3 mst

u Mean wind speed 3 mst

Ugrest Mean wind speed measured on a 3 ms1
crest

U, Friction velocity 3 ms1

Usn Friction velocity applied to 3 mst
small-scale non-erodible elements

Uyt Threshold friction vel ocity 3 ms1

U Snow unloading coefficient 3 st

v Velocity of ice matrix 2 mst

Uk Flow (filter) velocity of fluid k 2 mst

(a=air, £ = water)



XX Nomenclature

Symbol  Description Section Value Units (S1)

\% Volume per unit mass or reciprocal 2 mS kg~*
density

w Vertical (wind) velocity 3 ms!

Wiy Dimensionless vertical velocity 3

XY, Z Coordinate system with z positive 2,3 m
upward relative to the ground

X Spatial coordinate along the 2 m
direction of flow

XM, XH Parameters, similarity function 3

X Dimensionless distance downwind 3
of snow patch

Ziet Reference height above ground 3 m

Z Upper boundary for suspended snow 3 m

Zo, 20 Momentum (or aerodynamic) 3,4 m
roughness length; surface roughness
length

Zy Roughness length for heat 3 m

p/o) Roughness length for water vapor 3 m

Z Scale of roughness elements 3 m

o Snow (surface) albedo 2,3

ap Albedo of snow-free (bare) surface 4

o max Upper limit on snow albedo 4

Omin Lower limit on snow albedo 4

as Albedo of deep, homogeneous snow 4

B Coefficient of solar absorption 2 cm™t

B Coefficient of thermal expansion 2 K1

Bins B1m  Parameters, similarity function 3

B1 Parameter, similarity function, 3
B1=Bim = B

At Timeinterva 4 S

AX Characteristic distance 2 m

Y1, Y2 Parameters, similarity function 3

b Standard deviation of wind speed 3 mst

g Snow infrared emissivity 3

Eeff Effective emissivity for the 3
atmosphere

€ Exponent, phase permeability 2



Nomenclature XXi

Symbol  Description Section Vaue Units (S1)

z Height above snow surface 3 m

L ref Reference height above snow 3 m
surface

Zij Radius of curvature of i/j interface 2 m

n Newtonian viscosity of snow 2 Pas

1o Newtonian viscosity of snow at 2 Pas
T=0°Cand ps=0.0kgm=2

Nk Dynamic viscosity of fluid k 2 Pas

6 Contact angle between solid and 2 rad.
liquid

Oy Volume fraction of constituent k 2,3

K Von Karman constant 3

Ks Turbulent diffusion coefficient for 3 m? st
snow particles

A Wavelength 2 um

Ap Pore-size distribution index 2

A Leaf areaindex 4

A Thermal diffusivity (K/pa - Cp.a) 2 m? st

Ua Kinematic viscosity of air (na/ pa) 3 m? st

Pa Density of air 2,3 kgm—3

00,a Reference density of air 2 kgm—3

i Density of ice 2,3 917 kgm™3

Pk Density of fluid or solid k 2 kgm™3

Y Density of water 2,3,4 1000 kgm™3

Ormax Maximum permitted snow density 4

Os Density of snow 2,3,4,5 kgm—3

Ov Density of water vapor 2 kgm™3

Pva Density of water vapor in air 3 kgm—3

Pv.pt Density of water vapor at particle 3 kgm—3
surface

Pusit Saturation density of water vapor 2, 3 kgm™3

o8 Stefan-Boltzmann constant 3 56697 x Wm 2K

108

o, 0 Surfacetension of air/water interface 2 0.076 Nm?

Cig Surface tension of ice/water interface 2 0.028 Nm1

Oiv Surface tension of ice/vapor interface 2 0.104 Nm?
Surface tension of i/j interface 2 Nm!

Uij



XXii Nomenclature

Symbol  Description Section Value Units (S1)

7o Surface stress 3 N m—2

Tam Atmospheric shear stress 3 N m—2

h Atmospheric shear stresson 3 N m—2
non-erodible surface

Tp Atmospheric shear stress on saltating 3 N m—2
bed of snow particles

Ts Atmospheric shear stress on 3 N m—2
stationary erodible surface

Ty Time constant for albedo 4 S

T, Time constant for density 4 s

¢ Snow porosity 2

) Surface-layer similarity function 3

X1 Exponent for bulk transfer coefficient 3

v Angle between direction of flow and 2 rad.
downward vertical

N Integrated form of surface-layer 3
similarity function for heat

Wy Integrated form of surface-layer 3
similarity function for momentum

Yo Integrated form of surface-layer 3

similarity function for water vapor

Subscripts

Subscript Description

Air or atmosphere

Bare ground

Ice

Phase

Phase

Constituent

Liquid water

Snow

Saturated or equilibrium state
Vapor

SgosSx T T T ow
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Snow—atmosphere energy and mass balance

John C. King, John W. Pomeroy, Donald M. Gray,
Charles Fierz, Paul M. B. Fohn, Richard J. Harding, Rachel E. Jordan,
Eric Martin and Christian Pliss

3.1 Introduction

John C. King, John W. Pomeroy, Donald M. Gray, and Charles Fierz

Climates at the global, the regional, and the local scale determines the relative
contributions of radiation, turbulent, and mass fluxes to the corresponding balance
at theatmosphere—ground interface. In particular conditions, these fluxesinducethe
formation of a snowpack on the ground and predominantly effect its accumulation
(depth), ablation (melt), sublimation, evaporation, aswell asitsstructure (layering).
Presence and transformation of the snow pack change the physical properties of
the atmosphere—ground interface, which in turn affects the above fluxes, thereby
influencing the properties of the lower atmosphere. For instance, the nearly black
body emissivity of snow in the longwave range as well as surface temperature
never exceeding 0°C (273.15 K) promote an often persistent stable atmospheric
boundary layer over the snowpack’s surface, even in daytime. In addition, fluxes
involved at the snow—atmosphere interface depend much on the ground vegetation,
on the snowpack being continuous or patchy, as well as on topography.

These features, along with other particular physical properties of the snowpack
such as its high albedo, its capability to store both frozen and liquid water and its
low thermal conductivity lead to a strong feedback between the atmosphere and
the snowpack, as well as to substantially altered climatic signals over seasonal
snowpacks as compared with bare soil.

This chapter first presents general equations for both energy and mass bal-
ances (Section 3.2). Detailed discussions of each component of the energy bal-
ance follow (Section 3.3), including effects due to either vegetation or topography.
Next, the influence of vegetation, blowing snow, as well as topography, on snow

Show and Climate: Physical Processes, Surface Energy Exchange and Modeling, ed. Richard L. Armstrong and
Eric Brun. Published by Cambridge University Press. © Cambridge University Press 2008.
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3.2 Equations of energy and mass balance 71
ATMOSPHERE
Turbulent heat fluxes

o Longwave radiation He, H,
Solar radiation Ly LT Energy flux carried

sl,sT ' @ by precipitation
and blowing snow
o Hp
Q 4

7 4
/ | snow depth
| HS
I
SNOWPACK Internal energy}?f the snowpack | 4 y
| /
0—"— — >x

SOIL ﬂv Qb Ground heat flux bv E 7|
W yanih /j N ﬂ R

Figure 3.1. Energy balance for an open snowpack.

accumulation is treated (Section 3.4), including some considerations of the cou-
pling of energy and mass balances. Finally, in order to give the reader a sense of
the magnitude of the fluxes involved, some examples are presented (Section 3.5),
considering either daily averages over typical periods (season) or the processesin
detail.

3.2 Equationsof energy and mass balance
John C. King, John W. Pomeroy, Donald M. Gray, and Charles Fierz

Energy balance is often formulated in terms of energy exchanges taking place at
an interface (see e.g. Oke, 1987). Such an active surface has to be thought of as
being infinitessimally thin and having neither mass nor specific heat. Penetration
of shortwave radiation into the snowpack as well as mass movements and phase
changes within the snowpack make this concept barely applicable to snow. A bet-
ter approach is to consider a volume balance of the fluxes as shown in Fig. 3.1.
Neglecting horizontal energy transfers as well as effects due to blowing snow or



72 Show—atmosphere energy and mass balance

vegetation, the balance for an open and flat snow cover is given in units of W m—2
by:*
dH

—E=S¢+ST+L¢+LT+H5+HL+HP+G, (31

where dH/dt is the net change rate of the snowpack’s internal energy per unit
area. S|, and St arethe downward and refl ected components of shortwave radiation
respectively, L| and L1 are the downward and upward components of longwave
radiation respectively, Hs and H, are the turbulent fluxes of sensible and latent
heat through the atmosphere, Hp is the flux of energy carried as sensible or latent
heat by both precipitation and blowing snow. It isgenerally small, but may become
significant in the case of warm rain falling onto and penetrating a cold snowpack.
However, it will not be discussed further here. Finally, G isthe ground heat flux.

Since the change of internal energy is related to either warming and melting
(positive change, i.e. energy gain) or cooling and freezing (negative change, i.e.
energy loss) within the snowpack, it is also given by:

HS
dH d
z=0

where Re and Ry are the freezing and melting rate, respectively, L, the latent
heat of fusion of ice (3.34 x 10° Jkg™') and ¢, the specific heat capacity of ice
(2.1 x 10% Jkg~! K1); ps is the snow density and T is the snow temperature,”
both at height z. The integral is over the snowpack depth HSand is often referred
to as the snowpack’s cold content. Freezing and melting rates couple the energy
bal ance through Equation (3.2) to the mass M per unit area of the snowpack which,
neglecting the mass of air, is given by:

M= / (6i(2)pi(2) + 0:(2)pe(2) dz, (3.3)

where 6; and 6, are the volumetric fractions of ice and water taken at height zwith
densities p; and p,, respectively. The mass bal ance of the snowpack isgiven in units
of kgm—2 s~1 by (see Fig. 3.2):

dm

? =P X+E- Rrunoff, (3-4)

where dM/dt is the snowpack mass change rate (positive in the case of
accumulation); P is the precipitation rate (accumulation) and E = Egu + Eevap

1 Here energy fluxes are the dot product of energy flux densities and the unit normal to the surface. Using the
coordinate system shownin Fig. 3.1, energy flux densities directed away from a surface |ead to a positive energy
flux.

2 Because 0°C (273.15 K) is the melting point of ice, the Celsius scale is the natural choice for describing
temperature conditions. However, the absolute Kelvin scale is used in the equations unless stated otherwise.
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Figure 3.2. Mass balance for an open snowpack.

is the sum of sublimation and evaporation rates at the surface that may contribute
either positively or negatively to themassbalance. Therunoff rate, Riynot, isstrongly
coupled to the melting rate of so-calledisothermal snowpacks (T =0 °C throughout
the snowpack) and contributes to ablation only.

A further coupling of energy and mass balances arises because the latent heat
flux is simply related to both sublimation and evaporation rates through:

|'|L = Lvi Esubl + Lvl Eevap ~ Lvi E, (3-5)

where L,; isthe latent heat of sublimation for ice (2.838 x 10° Jkg~* at 0°C) and
L, isthe latent heat of evaporation for water (2.505 x 106 Jkg~* at 0°C).

3.3 Thefluxesinvolved in the energy balance
John C. King, John W. Pomeroy, Donald M. Gray, and Charles Fierz

Inthefollowing sections, thesefluxeswill bediscussed in greater detail and schemes
for modeling them will be presented.
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3.3.1 Shortwaveradiation

The starting point for calculating insolation at the surface is the solar radiation
flux at the top of the atmosphere, Sqa, 99.9% of which lies in the spectral band
from 0.2 to 100 um. Sea May easily be calculated as a function of geographical
location, season, and time (see, e.g., Igbal, 1983). The part of the solar spectrum
up to 4.0 um is usually called shortwave radiation, representing about 99.2% of
Soa- However, solar radiation is absorbed by some atmospheric constituents and
is reflected and scattered by clouds and aerosol. Accurate calculation of incoming
shortwave radiation at the earth’s surface, S|, from Sg, thus requires the use of a
radiative transfer model, but the data required for driving such models are rarely
availablein practical snow-cover applications. Incoming shortwave radiation isthe
most important energy source for snow cover in most situations (see Section 3.5).
The net flux of shortwave radiation, Sy, at the snow surface is given by:

=Sl +51=S| (1-0), (3.6)

where St isthereflected shortwave radiation and « isthe abedo, i.e. the spectrally
integrated refl ectance asdiscussed in Section 2.5.2. Assnow albedo ranges between
0.50 for old, wet snow and 0.95 for new snow, changes in snow abedo lead to
substantially different amounts of energy absorbed by the snowpack. Moreover,
the interaction between the surface and the atmosphere is substantially altered over
seasonal snow covers because albedo is quite different over snow-covered ground
as opposed to bare ground.

If measurementsof S| arenot available, itisgenerally necessary to parameterize
this flux in terms of solar zenith angle and easily observed quantities such as total
cloud cover. Key et al. (1996) discuss and evaluate a number of such parameteri-
zations. Generally, S| is calculated first evaluating the insolation under clear sky
conditions and then applying a correction for cloud cover. Clouds are reflective;
hence, increasing cloud cover tendsto reduce the magnitude of the downward com-
ponent of shortwave radiation S|. Over high-albedo surfaces, such as snow, it is
important to include the effect of multiple reflections between the snow surface and
the cloud base in any parameterization used (Shine, 1984; Gardiner, 1987).

A non-negligiblepart of downward shortwaveradiation S| reachestheground as
diffuse, nearly isotropic radiation. Its percentage depends primarily on cloudiness
and isotropy greatly simplifiesits parameterization. AsVarley et al. (1996) pointed
out, many areasin heterogeneousterrain (e.g. a pinetopography) receivelittle or no
direct radiation in wintertime, making the separate modeling of direct and diffuse
radiation an important issue there. In addition, diffuse radiation reflected from the
surrounding topography has to be taken into account (e.g. Dozier, 1980; Pluss,
1997).
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3.3.2 Longwave radiation

Longwave or terrestrial radiation encompasses wavelengths from approximately 4
to 100 um. Downward longwave radiation at the surface, L, results from thermal
emission from both atmospheric gases (notably water vapor and carbon dioxide)
and clouds while upward longwave radiation, L4, is thermally emitted from the
surface.

While an accurate evaluation of L] once again requires the use of a radia-
tive transfer model, the relatively strong absorption of infrared radiation by water
vapor meansthat L islargely determined by conditionsin the lowest few hundred
meters of the atmosphere (Ohmura, 2001) and, consequently, can be parameterized
sufficiently well for many practical applicationsin terms of near-surface variables.
In analogy with the Stefan—Boltzmann equation, parameterizations generally take
the form:

L) = —earossTy, (3.7

whereosg isthe Stefan—Boltzmann constant, T, isanear-surfaceair temperature(in
K) and e isan “effective” emissivity for the atmosphere. e isusually specified as
afunction of cloud cover only, cloud cover and near-surface humidity (Konzelmann
et al., 1994) or near-surface humidity only under clear sky (Brutsaert, 1975). Clouds
are very efficient infrared emitters and have effective emissivities close to unity,
while, under clear skies, e istypically around 0.75 but may reach values as low
as 0.55 in apine regions (Marty, 2000). Thus, for fixed T,, increasing cloud cover
will increase the magnitude of the downward component of longwave radiation
L|. Key et al. (1996) as well as Konig-Langlo and Augstein (1994) give further
examples of such parameterizations.

Upwardlongwave radiation can becal cul ated from the snow surfacetemperature,
To (in K), and snow infrared emissivity ¢ (see Section 2.5.3) as.

Lt=eosgTy—(L—¢)L . (3.9)

In the stably stratified conditions that often prevail in the surface boundary layer
over snow-covered surfaces, T, may be several degrees colder than T, and the use
of Ty instead of T, in (3.8) may result in a significant overestimate of L1. Over a
melting snow cover, T, may beset to 273.15K (0°C). It should be further noted that
both downward and upward longwave radiation are usually assumed to beisotropic,
resulting in negligible errors only (Pluss, 1997).

To account for longwave radiation in heterogeneous terrain, it is necessary to
calculate the incoming fluxes from the sky and the surrounding terrain separately
(Plissand Ohmura, 1997). They showed that in snow-covered environments, where
the surface temperature is usually below the air temperature, neglecting the effects
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due to air temperature leads to an underestimation of the incoming longwave radi-
ation flux on inclined slopes.

3.3.3 Netradiation

In summary, the net radiative flux at the surfaceis:
Re=SN+Ln=Sl1—a)+ (L] +L1). (3.9

Thevaue of « iscrucia to the sign of net radiation. Under clear sky, e.g., abedo
needs often to be below 0.75 before Ry becomes negative and hence represents a
positive energy gain to the snowpack (see Equation 3.1). However, Ry is mostly
negative under overcast conditions, independent of the value of «.

Furthermore, aswe have seen above, cloud cover has opposite effectson S| and
L{. So it is not immediately clear how an increasing cloud cover will effect net
radiation. Over ahigh-albedo surface such as snow, theincreasein magnitudeof L,
withincreasing cloud cover can more than outweigh the reduction in net shortwave
radiation, leading to an increased energy gain to the snowpack (Ambach, 1974).
This situation of positive cloud radiative forcing is most likely to arise in the polar
regions, where both surface albedo and cloud transmissivities in the shortwave
region are high and the sun is low. However, the effect of cloud radiative forcing
depends critically on surface and cloud properties and both positive and negative
forcing has been observed over polar snow surfaces (Bintanjaand van den Broeke,
1996).

3.3.4 Turbulent heat fluxes

Sensible and latent heat may be carried to or from a snow surface by the action
of turbulent eddies in the surface boundary layer (Morris, 1989). Formally, these
fluxes may be written as the covariance of fluctuationsin vertical velocity, w, with
those either in temperature, T, or specific humidity, Q, i.e.:

Hs = paCpaw’ T3,

HL = paLViwl_Qa
where the overbar denotes a mean over time, primes denote deviations from time
averaged values, p, isthe air density and ¢, 5 is the specific heat of air at constant
pressure (1.01 x 10% Jkg~! K~1). Given suitable fast-response instrumentation, it
is possible to measure these covariances and hence obtain direct estimates of the
fluxes. However, such measurements are rarely available and in many experimen-
tal applications or modeling studies it is necessary to parameterize these fluxes.
Most commonly thisis done using abulk transfer formulation, in which fluxes are

(3.10)
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expressed in terms of differences between surface variables and the val ues of those
variables at some reference height, z., in the surface boundary layer, i.e.:

To = PaCpU?(Zies),
Hs = —0aCp,aCHU(Zrer)(Ta(Zrer) — To). (3.11)
Ho = _paLviCQu(Zref)(Q(Zref) — Qo).

Here, Ta(zrer), Q(Zrer) and u(z) aretheair temperature, specific humidity, and wind
speed respectively at the reference height z., while T, and Q, are the temperature
and specific humidity at the snow surface. Q, may be taken as the specific humidity
of air saturated with respect toice at temperature T,. 7, isthe surface stressand Cp,
Cu, and Cq arethe bulk transfer coefficients for momentum, heat, and water vapor,
respectively. In order to calculate fluxes using (3.11), it is necessary to determine
these coefficientsthat, in general, will depend on both surface roughness and atmo-
spheric stability. Thisismost satisfactorily accomplished through the framework of
the Monin—Obukhov surfacelayer similarity theory (see, e.g. Garratt, 1992, pp. 49—
58). Thisapproach a so takesinto account that the reference height et = zef — HS
above a snowpack of depth HSwill change with time as HSincreases or decreases.

The bulk transfer coefficients are related to the integrated forms of the surface
layer similarity functions by:

Co = «?[IN(ref /Z0) — Wm(&ret/Lo)] 2,

Ch = k2[IN(Cret/Z0) — U (Gret/ L) T [IN(Gret/ZH) — Wi (Gret/ Lo)] ™,

Co= K?[IN(Gret/ Z0) — U (¢ret/Lo)] T [IN(¢rer/2Q) — Wo(&ret/Lo)]
(3.12)

where k isvon Karman's constant (generally taken to be around 0.4), 7, z4, and zg
are the roughness lengths for momentum, heat, and water vapor respectively and
Wy, Wy, Yo arethe corresponding integrated forms of the surface layer similarity
functions ®;:

Cref

v = /(l— e(¢'/Lo)d(Ing’); & =M, H,Q; ¢o=2,2n, Zq.
%o

(3.13)
The surfacelayer similarity functions express how profiles of wind speed, tempera-
ture and humidity deviate from the logarithmic forms that are observed under neu-
tral conditions (¢« /Lo = 0) asaresult of stahility effects. These functions depend
solely onthedimensionless height ¢, /L o, Where Lo isthe Obukhov length defined
as.

_ UiTmeanpan,a

Lo =
© kgHsg

(3.14)
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and

u =", (3.15)
Pa

where u, isthe friction velocity, Tmean iSthe mean air temperature in the layer of
depth ¢, and g is the acceleration due to gravity. Note the negative sign on the
right-hand side of Equation (3.14), which results from the chosen sign convention
(see Stull, 1988). Since Lo isafunction of the fluxes to be calculated, the equation
set (3.11, 3.12 and 3.14) must generally be solved iteratively. However, as shown
below, if some simplifying assumptions are made concerning the form of the Ww-
functions, adirect solution is possible under some circumstances.

Experimental studies have determined the forms of the similarity functions in
(3.12) eventhough little has been based on measurementsover snow covers(Morris,
1989). Under stable conditions, where the sensible heat flux is directed towards the
surface (Hs < 0), itisfound that, for 0 < ¢e/Lo < 1:

WYm = Bimret/ Lo,

Yy = Wq = Bt/ Lo, 319
while for unstable conditions (Hs > 0), for —5 < ¢ /Lo < O:
Wy = 2In[(L + xm)/2] + In[(1 + Xpm2)/2] — 2tan xy + 7/2, (317)
Wy = Wo = 2In[(1+ yn)/2],
where:
xm = (1+ yagrer/Lo)Y*, (3.18)

Vi = (1 + y28e/Lo)Y2.

Measurementsindicate 81 ~ B11 ~ 5and y 1 &~ y» ~ 16, but thereisaconsiderable
range in experimentally determined values (see Garratt 1992, appendix 4).

In what follows, we shall concentrate on stable conditions, since this regime
tends to prevail over snow covers. In winter, particularly in high latitudes, Ry is
positive for much of the time, leading to a downward heat flux, while advection
of warm air over a melting snow cover also leads to the establishment of stable
stratification since T, cannot rise above 0 °C. If we simplify (3.16) by assum-
ing Bim = Bin = B1, manipulation of (3.12) and (3.14) yields an explicit expres-
sion for the transfer coefficients in terms of the bulk Richardson number (Garratt,
1992):

RiB = gZ(Ta(Zref) - To)/(Tmean U(Zref)z)a (3-19)

where Rig > 0 for stable conditions and Tyean 1S the mean temperature in the layer
of depth ¢ref = Zref — (HS+ 20).
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ForO<Rig<p: %

Co = k?[IN(¢rer/20)] 2 (1 — 1Ris)* = Con f (Rig),
Ch = 1°[IN(Zrer/20) IN(Zret/21)] (1 — B1RiB)” = Cun f (Ris).  (3.20)
Cq = «[IN(Gref/Z0) IN(Lres/20)] T (1 — B1Rig)? = Con f (Rig),

and for Rig > B,
Cp=Ch=Co=0. (3.21)

In practice, there may be problemswith using (3.20) and (3.21) as presented above.
In runs of coupled surface boundary layers — snow-cover models that parameterize
turbulent fluxes using (3.20) and (3.21), it has been found that, when strong radia-
tive cooling is imposed, snow surface temperatures can drop to the point where
Rig =B, 1 at which point the fluxes are “switched off” and the snow surface
becomes effectively decoupled from the atmosphere. This leads to further rapid
(and unrealistic) cooling as the surface temperature evolves towards a pure radia-
tive equilibrium (e.g. Morris et al., 1994). Measurements (e.g. King, 1990) show
that small but non-zero heat fluxes persist even when Rig > S 1 and this effect
should be incorporated into any heat flux parameterization used in snow models.
Theoretical understanding of turbulent transport in this high-stability regimeis still
developing but a number of practical aternative schemesto (3.20) and (3.21) have
been proposed to avoid the problem of decoupling (Beljaars and Holtslag, 1991;
King and Connolley, 1997).

Theratio of Hs/H, isknown asthe Bowen ratio, B. Over snow surfaces, the air
is often close to saturation, so Q(2) may be related to T,(2) through the Clausius—
Clapeyron eguation. It can be demonstrated (Andreas, 1989) that, if supersaturation
isforbidden and if both Hs and H, are directed downwards, B is limited by:

C
B>B, = ra®Pa (3.22)

N Lvi(0pv,st/0T) T=T, ’
where py s 1S the saturation water vapor density. Andreas and Cash (1996) have
extended this result to other combinations of Hs and H,. and have deduced general
formulations for B over saturated surfaces. Such relationships can be of value if
estimates of H, are required but no humidity measurements are available.

In order to calculate the turbulent fluxes, it is necessary to know the appropriate
roughness lengths for momentum, heat and water vapor. The momentum (or aero-
dynamic) roughnesslength, z,, isrelated to the geometric roughness characteristics
of the snow surface. Snow cover isone of the smoothest |and surface types encoun-
teredinnature and, consequently, measurementsof z, over snow (Table 3.1) indicate
small values, of the order 10~ to 10~ m. Usually, zo and z are assumed to be one
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order of magnitude smaller, as suggested by Garrat (1992) and Morris (1989). With
valuesthissmall, it is clear that roughness elements of the scale of individual snow
grains must be making the greatest contribution to the surface drag, with larger
micro-topographic features, such as sastrugi, making alesser contribution (Kondo
and Yamazawa, 1986; Inoue, 1989). Ablating glaciers can devel op large roughness
elements on their surfaces, leading to aerodynamic roughness lengths of up to 0.1
m. The roughness of such surfaces can change rapidly as surface features develop
during the ablation season (Smeets et al., 1998). Bare ice surfaces have particu-
larly small roughness lengths (Bintanja and van den Broeke, 1995; see Table 3.1).
Flow over such surfaces is “aerodynamically smooth,” i.e. the surface Reynolds
number:

Re = 2% (3.23)
MHa

where 15 isthekinematic viscosity of air and z,., the scal e of theroughnesselements,
is less than about 5. In this low Reynolds number regime, flow around individual
roughness elementsis laminar and the roughness length is given by:

Zo = 0.135%*. (3.24)
If the surface stressis great enough to generate blowing snow (see Section 3.4),
suspended snow grains may contribute to the momentum transfer from atmosphere
to surface and may thus cause an apparent changein z,. Owen (1964), Tabler (1980),
Chamberlain (1983), and others have suggested that, under these conditions, the
apparent roughness length is increased by drag exerted on saltating snow and will
therefore be proportional to the surface stress, i.e.
uZ
Zo = Cl@' (3.25)
Experimental evidence for such arelationshipisvariable. Tabler (1980), Tabler and
Schmidt (1986) aswell as Pomeroy and Gray (1990) present extensive quantitative
measurements that support such behavior with values of ¢; of 0.1203 over contin-
uous snowfields (Pomeroy and Gray, 1990) and c; of 0.026 48 over a mixture of
snow and lake ice (Tabler, 1980).

Bintanja and van den Broeke (1995), however, suggest that, in some cases, the
alteration of surface characteristics by the transport of fresh snow onto a smoother
underlying snow or ice surface may be the dominant process leading to an appar-
ent increase in z, with wind speed. More observations are needed to resolve this
issue.

Fewer measurements exist for the scalar roughness lengths, z4 and zq, largely
because of the difficulty of defining T, and Q, other than over a melting snow



82 Show—atmosphere energy and mass balance

surface, when T, may be taken as 0 °C. Heat and water vapor transfer at the snow
surface must ultimately be accomplished purely by molecular diffusion, sincethere
is no equivalent to the form drag of roughness elements that is responsible for
the majority of the momentum transport. Andreas (1989) developed atheory that
predicts the ratio of z, to the scalar roughness lengths as a function of the surface
Reynolds number (see Equation 3.23). In the aerodynamically smooth regime,
Zn /2o = 3.49 and zg/z, = 5.00. As Re increases, the ratio of scalar roughness
length to momentum roughness length decreases rapidly and, for moderate wind
speeds over atypical snow cover, the scalar roughness lengths will be one or two
orders of magnitude smaller than z,. Measurements (Kondo and Yamazawa, 1986;
Bintanja and van den Broeke, 1995) generally support this functional dependence.
However, in many modeling applications, the scalar roughness|engthsare set equal
to z, for simplicity, on the grounds that the ensuing errorsin surface fluxes will be
no greater than the uncertainties resulting from other parts of the flux computation
procedure.

3.3.5 Heat fluxesover a non-uniform snow cover

The results of Section 3.3.4 are strictly applicable only over an extensive and
uniform snow cover, where the atmospheric conditions at the reference height
used for the flux computation are in equilibrium with the underlying surface. This
will not, in general, be the case over a patchy snow cover. Areas of bare ground
will have different roughness and albedo characteristics from snow-covered areas.
Advection of air warmed over bare ground onto a snow-covered area will lead to
an enhanced downward heat flux at the upwind edge of the snow patch, with heat
fluxes decreasing with increased fetch over the snow as the air comes into a new
equilibrium with the snow surface. For instance, Weisman (1977) showed that the
dimensionless sensible heat flux Hg at any point downwind of the leading edge of
asnow patch varies with snow-covered fetch distance as

Hg = —ayX 0%, (3.26)

where X isadimensionlessdistance downwind of theleading edge of the snow patch
(influenced by roughness length) and a4 is controlled by a temperature difference
stability parameter (Weisman, 1977).

Marsh and Pomeroy (1996) proposed that the additional sensible heat advected
to asnow patch is afunction of the snow-free fraction of the upwind domain,

Hs — Hss = (—Hsp(1 — SCA)/SCA) hs p, (3.27)

where Hs isthe sensible heat flux to snow over a completely snow-covered fetch,
Hsp issensible heat over bare ground, SCA isthe proportion of snow-covered area
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and hsy, expresses the portion of bare ground sensible heat that is advected to the
snow patch. Neumann and Marsh (1998) showed that hs, declinesfrom 0.3to0 0.001
as SCA decreases from 1 to 0.01 and that for SCA of 0.5, hs, ranges from 0.02
to 0.2 depending on wind speed and snow patch size. Even more extreme effects
may occur over a sea-ice cover interspersed with leads of open water (Claussen,
1991). Interactions with the vegetation will also affect the heat fluxes. They will be
discussed in more detail in Sections 3.5.4 and 3.5.5.

The computation of surface fluxesover such non-uniform surfacesisvery impor-
tant for climate simulation (see Section 4.3) and it is a developing subject that
requires the application of numerical or analytic models of varying degrees of
complexity. A detailed description of such techniques is beyond the scope of the
present work and the reader is referred to Weisman (1977), Liston (1995), Essery
(1997), and Marsh et al. (1997) for further information.

To conclude, few authors have investigated the variation of the turbulent fluxes
in heterogeneous terrain although it wastermed a priority research topic by Garratt
(1992). Based on such an investigation, asimplified approach is presented in PlUss
(1997).

3.4 Snow accumulation
John C. King, John W. Pomeroy, Donald M. Gray, and Charles Fierz

The surface mass balance described in Equation (3.4) is affected by distinctive
snow accumulation fluxes that are influenced by the air mass characteristics, sur-
face snow conditions, vegetation, and topography. | nterception and unloading must
be considered in forested environments where evergreen canopies intercept sub-
stantial portions of snowfall. Blowing snow fluxes are significant in exposed,
poorly vegetated regions such as alpine terrain, steppes, prairies, tundra, and ice
sheets.

3.4.1 Interception by vegetation

Vegetation intercepts snow asafunction of itswinter leaf and stem areaand the size
of the snowfall event. Because sublimation and melt remove snow from canopies,
interception (the snowfall trapped in the canopy, normally event-based) is distin-
guished from snow load (the snow held inthe canopy at aparticular time). Hedstrom
and Pomeroy (1998) developed and field tested a model of snow interception and
snow unloading of the following form (see Fig. 3.3):

| =1eU 1= (L] — LLo)(1— e™=P/E), (3.28)
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wherel issnow interception after unloading hasoccurred (kgm—2), |1 isinterception
at the start of unloading, U, is asnow unloading coefficient, tistime (s), L] isthe
maximum canopy snow load, £ ,, isthe initial snow load, P is the accumulated
snowfall (kg m~2) and ¢, i the canopy closure.

In a southern boreal forest, Hedstrom and Pomeroy (1998) found that e V't =
0.678 using empirical data with a weekly time resolution. £; can be deter-
mined using an empirical relationship developed by Schmidt and Gluns (1991),
where:

Li=LLp (0.27 + i—ﬁ) LAI (3.29)
S
and £, p is the maximum snow load per unit area of branch (kg m=2), ps is the
density of fresh snow (kg m~3) and LAl iswinter |eaf and stem areaindex (m? m—2).
L, p ranges from 5.9 kg m2 for spruce to 6.6 kg m~2 for pine. Equation (3.28)
is an extension of the expression proposed by Calder (1990), which is based on
formulationsused for theinterception of rainfall. Important differencesfrom earlier
formulations are the consideration of canopy snow load in reducing interception
efficiency and the substantially high maximum canopy snow loads that are found,
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compared to maximum rainfall interception. Interception efficiency (1 /P) varies
from small values up to 0.6 for dense conifer canopies and declineswith increasing
storm snowfall amounts and initial canopy snow loads.

Snow in the canopy represents a “snow surface” with very different character-
istics from snow on the ground (Harding and Pomeroy, 1996). For instance, it is
relatively well-exposed to the atmosphere and subject to high net radiation because
snow-filled canopies retain their low snow-free albedo (Pomeroy and Dion, 1996;
Yamazaki et al., 1996), are aerodynamically rough (Lundberg et al., 1998), and
are usually associated with dightly unstable surface boundary layers (Nakai et al.,
1999). The varying snow load and degree of its exposure in the canopy means that
snow-filled canopies do not behave as a continuous, saturated surface; this affects
the free availability of moisture in the canopy. Nakai et al. (1999) accounted for
this effect by varying the ratio of bulk transfer coefficients Cq/Cy (see Equa-
tion 3.12) from 0.1 for the low moisture case (low snow load) to 1.0 for the high
moisture case (high snow load). Lundberg et al. (1998) used a Penman—-Monteith
combination model with aresistance parameterization to estimate sublimation from
snow-covered canopies, and found that the resistance of a snow-covered canopy
had to be set at 10 times that of a rain-covered canopy to provide results that
matched measurements. Parviainen and Pomeroy (2000) use a coupled calculation
scheme where turbulent transfer from snow clumps is calculated (presuming no
evaporation from the snow-free canopy) to provide a within-canopy humidity and
temperature field that is then matched with the bulk transfer formulation for the
whole canopy as shown in Equation (3.11). Both sensible and latent heat trans-
fer from snow clumps are calculated from variants of Equation (3.11) where the
terms Cy and Cq are replaced with Cq and u(z) is replaced with the Sherwood
and Nusselt numbers for turbulent transfer of heat and water vapor from particles
respectively and solved with the assumption that sublimating snow clumps are in
thermodynamic equilibrium at the ice-bulb surface temperature (Schmidt, 1991).
Chq isthen found as:

3L L\ X
Crg ch|< L) ’

= — 3.30
22 o0 \ L7 (3.30)

where £, is snow load (equal to initial interception, |4, less any sublimation and
unloading), ky is adimensionless snow clump shape coefficient, ry,, is anominal
snow particle radius (0.0005 m), p; isthe density of ice (kg m~2), and x, is1.0 less
the fractal dimension of intercepted snow (Pomeroy and Schmidt, 1993). Pomeroy
et al. (1998a) found y, is normally 0.4 for mature evergreens and Parviainen and
Pomeroy (2000) report empirically derived values of ky (given the nominal rpy )
of 0.0114 for a mature conifer forest and 0.0105 for a young conifer plantation in
western Canada.
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Figure 3.4. Mass balance with blowing snow.

Experimentally derived sublimation rates from mature evergreen forests range
from 3 to about 12 kg m~2 d=* (Pomeroy et al., 1998a; Nakai et al., 1999) and
can return 13-40% of seasonal snowfall to the atmosphere as sublimation from
northern forests (Pomeroy and Gray, 1995; Pomeroy et al., 19983).

3.4.2 Blowing snow

Blowing snow fluxes occur over open snow surfaces with good exposure to wind
and a supply of erodible snow (see Fig. 3.4). On large, relatively uniform surfaces
such asice sheets steady-state conditions may develop. However, on seasonal snow
surfaces, exposed vegetation and larger scal e topographic features disrupt steady-
state conditions. At small scales (e.g. grass stalks, boulders) the features act as
an additional surface roughness, and impede erosion or sometimes induce small
depositions of wind-blown snow. At large scales (e.g. woodlands, valleys, mountain
crests) thefeatures can cause flow separation in theboundary layer and significantly
reduce the shear stress on downwind surfaces, which may lead to the formation
of large snowdrifts. The result is a strong heterogeneity to blowing snow fluxes
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and a need to consider the landscape in calculating these fluxes. One important
aspect of blowing snow is that it can dramatically increase latent heat transfer to
the atmosphere via sublimation and that blowing snow transport and sublimation
can control the mass balance of non-melting snow coversin open areas. Including
blowing snow in the mass balance, Equation (3.4) may be rewritten as:

dmMm
? =P-V. Dbs - Ebs:t E - Rrunoff, (331)

where Dy is the horizontal blowing snow transport (with dimensions of mass per
unit length per unit time) and Eys is the rate of sublimation of blowing snow. Hori-
zontal inhomogeneitiesin either the surfacewind field or surface characteristics can
generate corresponding inhomogeneitiesin snow transport leading to a divergence
of Dys and aredistribution of surface snow.

Blowing snow transport, Dy, primarily occursin two modes: saltation, Dy and
suspension, Dy, thus:

Saltation is the mechanism by which snow particles are eroded from or deposited
onto the snow surface and transported near to the surface. The process involves
particles bouncing downstream and shattering new particlesfrom the snow surface.
Suspension occurs above the saltation layer and involves smaller particles lofted
by turbulence to heights several tens of meters above the snow surface. At very low
wind speeds saltation isthe primary mode of transport, while at higher wind speeds
suspension becomes predominant.

Steady-state saltation is generally considered to operate in a dynamic balance
with atmospheric driving forces, where the atmospheric shear stress, t 4m, is parti-
tioned into that applied to the non-erodible surface, 7, that applied to the stationary
erodiblesurface, T, and that applied to the saltating bed of snow particles, 7. Thus:

TaIm = Tn + TS + Tp. (3-33)

Most blowing snow models (Pomeroy et al., 1993; Pomeroy and Gray, 1995;
Bintanja, 1998; Dery et al., 1998; Liston and Sturm, 1998; Essery et al., 1999;
Pomeroy and Li, 2000) use a solution for the saltating mass flux, D, derived and
field-tested by Pomeroy and Gray (1990) where:

aSU*tIOa (

*

uZ —uZ, — u?) (3.34)

Dsalt = * *N *t

and as is an experimentally determined “saltation efficiency” coefficient
(0.68 ms™1), u, isthe friction velocity, u,; is the threshold friction velocity (that
at the initiation or cessation of saltation), u.n is the friction velocity applied to
small-scale non-erodible elements. Li and Pomeroy (1997a) outline operational
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techniquesto calculate the threshold friction velocity from the meteorological his-
tory of the snowpack, while Pomeroy and Li (2000) discuss the influence of veg-
etation on u,,. Doorschot (2002) and Doorschot and Lehning (2002) address the
relative importance of aerodynamic entrainment compared to rebound and gjection
during steady-state saltation, atopic whichis still not fully resolved.

Suspended blowing snow particles are presumed to move downwind with the
same speed asfluid pointsin the atmosphere, but are not lifted as effectively dueto
inertiaand asignificant terminal fall vel ocity. The downwind massflux of suspended
snow, Dy, May be described as,

Dap = = /h  Cal) I 2) i, (335)

where « is von Karman's constant, h, is the lower boundary for suspended snow
(upper boundary for saltating snow), z, isthe upper boundary for suspended snow,
Csusp(¢) is the mass concentration of suspended snow at height ¢ = z — HS above
the snow surface and z, is the aerodynamic roughness length. Presuming steady-
state, one-dimensional diffusion and in analogy to Fick’s law, the instantaneous
mass concentration may be found as

dCsusp

9¢

where w is the vertical particle velocity at height ¢ and «5(¢) is the turbulent
diffusion coefficient for snow particles at height ¢. For steady-state, non-advective

conditions, this formulation can be solved to find a mass concentration profile
as.

(wcsusp)/ = —«s(¢) ) (3.36)

wy(¢)
et dg) , (3.37)

¢

where w, is a dimensionless vertica velocity. Pomeroy and Male (1992) experi-
mentally derived expressions for h, and w,. Kind (1992) proposed an improved
theoretical solutionfor cqsp(¢) assuming steady-stateturbulent diffusion. Thissolu-
tion hasbeen used in the Liston and Sturm (1998) maodel. Dery et al. (1998) consid-
ered non-steady-state diffusion formulationsinvolving explicit calcul ation over the
particle size spectrum, and the effects of sublimation in setting the upper bound-
ary, z,. Unfortunately, measurements that can describe the individual behaviors of
ks and w are lacking, and hence there is considerable uncertainty in derivations
of w,.

Determination of the amount of sublimation during blowing snow is based on
the work of Thorpe and Mason (1966) with modifications by Schmidt (1972) and
Pomeroy (1989). The sublimation rate within a column of blowing snow, Eys, is
calculated with reference to the sublimation rate dm, /dt of asingle blowing snow

Caugp(¢ + d&) = Caugp(?) (
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particle of mass my, the variation in mass concentration with height, Ceusp(rpt, 2),
and the change in particle radius, r(mp), as

Zy
1 dm
0

The sublimation rate of a single blowing snow particleis,

d
d—n;b = 2I’pt DaSh(pv.a — :Ov,pt)’ (3.39)

which is balanced by the convective hest transferred to the particle,

Lyi (dd_”tb> = =21 KaNU(Ta — To 5p), (3.40)
where D, is the diffusion coefficient of water vapor in air (m?s1), Shisthe Sher-
wood number, py a isthe water vapor density in ambient air and py  isthat at the
particle surface and kj, is the thermal conductivity of air (W m—t K1), Nu is the
Nusselt number, T, o, istheice sphere surface temperature (K) and T, istheambient
air temperature (K). Lee (1975) found that both the Nusselt and Sherwood numbers
can be related to the particle Reynolds number, Nge, as

Nu = Sh = 1.79 4 0.606N2>. (3.41)

Presuming that blowing snow particlesarein thermodynamic equilibrium, Schmidt
(1972) combined Equations (3.39) and (3.40) using the Clausius—Clapeyron equa-
tion to solve for dm/dt. The combined equation can be found in severa later
publications (Schmidt, 1991; Pomeroy et al., 1993; Dery et al., 1998).

One problem in applying sublimation equations is the difficulty in determining
the fields of air temperature and humidity in the lowest meter of the atmosphere
where the mass concentration of blowing snow isgreatest. Thermodynamic models
such asthat of Dery et al. (1998) suggest that the atmosphere cool s and approaches
saturation near the snow surface during blowing snow. Measurements of these
fields in extremely stable surface boundary layers over ice shelves support cold,
humid conditions in this layer (King et al., 1996); however, measurements above
terrestrial snow surfaces during blowing snow often show anotable undersaturation
of water vapor with respect to ice (Pomeroy and Li, 2000). Pomeroy and Essery
(1999) measured sublimation fluxes during light blowing snow of up to 60 W m~2;
these fluxes were far larger than those predicted from simple surface sublimation
(approx 10 W m~2) and were well matched by the model predictions using the
Prairie Blowing Snow Model driven by surface observations (Pomeroy and Li,
2000).
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Attempts to scale up the calculations of blowing snow fluxes to heterogeneous
terrain have been made by Pomeroy et al. (1993, 1997), Gauer (1998), Liston and
Sturm (1998), Essery et al. (1999), Lehning et al. (2004), Bowling et al. (2004),
and Essery and Pomeroy (2004). In all cases considerable difficulties are encoun-
tered in these attempts because of the development of non-steady-state conditions
and flow convergence and divergence within the surface boundary layer over com-
plex terrain. Typica small-scale features such as flow separation, recirculation and
speed-up effects are indeed the driving mechanisms behind inhomogeneous snow
distribution. For the simple case of scaling up blowing snow fluxes over heteroge-
neous snow coverson level, uniformterrain (Li and Pomeroy, 1997b; Pomeroy and
Li, 2000), acumulative normal probability distribution is used to weight fluxes by
the probability of ablowing snow occurrence, Pys. The formulation is based on an
observed association between the probability of occurrence of blowing snow, the
average hourly 10 m wind speed, uyg, average hourly air temperature, Ty, in °C and
snow surface age, ty, in hours where:

Uio
Pos(U10, T, th) = \/%n—a O/ exp [— @ - 2”)2] du (3.42)
and for dry snow, the mean wind speed isfound as
U = 11.2 + 0.365T, + 0.00706T2 + 0.91n(ty) (3.43)
and the standard deviation of wind speed isfound as
§ = 4.3+ 0.145T, 4 0.00196T2. (3.44)

Note that U and § are properties of the snow surface and affected by the meteo-
rological history of the snowpack, whilst u depends on current wind speed. If the
snow surface is wet or icy, then values can be assigned asi =21 mstand§ =
7 m s1 based on observations in the Canadian Prairies (Li and Pomeroy, 1997b).

There are different conclusions among experimental and modeling studies
regarding the importance of blowing snow fluxes to regional snow mass balance
and surface fluxes. Bintanja (1998) suggests that blowing snow sublimation in the
Antarctic varies from negligible in the interior to 170 kg m~2 near the coast and is
therefore amajor term in the mass bal ance of the Antarctic ice sheet. Dery and Yau
(2002) used there-analysis (ERA 15) data of the European centre for medium-range
weather forecasts (ECMWF) at aresolution of 2.5° to study the effects of surface
sublimation and blowing snow on the surface mass balance of the largely forested
Mackenzie River basin, Canada. They found that surface sublimation removes
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29 kg m~2 SWE per year, or about 7% of the annual precipitation of the largely
subarctic Mackenzie Basin.

From blowing snow model results and measured areal snow mass balances,
Pomeroy et al. (1997) aswell as Liston and Sturm (1998) suggest that the percent-
age of annual snowfall that is sublimated via blowing snow from arctic surfacesis
20% in northern Canada and 9% to 22% in northern Alaska. The model of Essery
et al. (1999) suggests annual sublimation losses from 25% to 47% of annual snow-
fall for northern Canada, depending upon surface vegetation and topography. In
removing these large sublimation estimates from their blowing snow model, Essery
etal. (1999) found that snow accumulation was grossly overestimated in deposition
zones, whereas it was well estimated when sublimation was included. Despite the
deficiencies in these relatively simple blowing snow models, it appears that subli-
mation estimates can reasonably match seasonal 1osses and that, in field situations,
the humidity feedback effectsin thelower surface boundary layer proposed by Dery
et al. (1998) are not normally sufficient to significantly lower seasonal sublimation
rates.

3.4.3 Accumulation in alpine topography

Both orography and wind strongly affect the spatial distribution of snow depth in
mountainous regions. Fohn (1977, 1985) addressed the question of representative
new snow depth measurements in mountainous terrain. Clearly, crests, wind- and
leeward slopes as well as depressions have to be avoided. Even at the most suited
level sites, the catch efficiency of precipitation gauges (60—80%) does not closely
match thereliability of asnow board laid on the snow surface. Even so, Fohn (1977,
1985) states that precipitation gauges|ocated in surrounding valley floors may help
to extrapolate new snow depths over larger areasin wintertime; very often one has
to rely on available weather forecast outputs as well. By combining the latter with
statistical and climatic approaches, promising results have been obtained (Durand
et al., 1993; Raderschall, 1999).

Yet for many applications redistribution by wind on leeward slopes has to be
taken into account. Fohn and Hachler (1978) give an empirical relation for a 35°
steep leeward slope as:

HNy = CUS . U<20ms™, (3.45)

where HN,, isthe mean additional new snow (in m) deposited on the leeward slope
over atime period of 24 h, ¢, = 0.8 x 10~* (s*> m~2) is an empirical coefficient
and Ugreg IS the mean wind speed measured on the crest. Despite the complexity
of both modeling and measurements, blowing and drifting snow in heterogeneous
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terrain is currently a topic of strong interest (Pomeroy, 1991; Liston and Sturm,
1998; Pomeroy et al., 1999c; Durand et al., 2001; Michaux et al., 2001). Modeling
blowing snow over a steep alpine ridge, Gauer (2001) obtained a power relation
for the ssimulated steady-state flux, decreasing from approximately 4 to 2 with
increasing wind speed. The mass flux decrease with increasing wind speed further
indicates that a saturation of snow transport occurs. Combining a saltation model
(Doorschot and Lehning, 2002) with an analytical wind profile taking into account
speed-up effects over a ridge, Doorschot et al. (2001) observed a similar trend.
The latter authors also included preferential deposition of precipitation as a third
mode of snow transport to the lee slope. Preferential deposition does not require
any threshold value to be exceeded to occur and may thus be predominant under
certain conditionsin steep Alpine terrain.

Finally, on the scale of afew hundred to one thousand square kilometers, Fohn
(1992) aswell asMartin et al. (1994) studied theimpact of climate on snow depthin
apine regions. Such compilations provide valuable information for governmental
agencies, hydropower facilities, winter tourism, and flood mitigation.

3.5 Examples of energy and mass balances

The relative contribution of the different fluxes involved in the energy and mass
balance of the snow cover strongly depends on the prevailing meteorological and
topographical conditionsaswell ason vegetation. The examplespresented are“ typ-
ical” snow covers although they do not all formally correspond to a classification
scheme as proposed by Sturm et al. (1995); neither are they exhaustive.

Sections 3.5.1-3.5.3 deal with daily averages over continuous snow covers,
stressing the relative contribution of each flux as the season proceeds. Prevailing
meteorological conditions are also shown. Table 3.2 emphasi zes this time average
approach summarizing meansfor chosen time periods. Sections 3.5.4 and 3.5.5 are
process oriented, showing and discussing detailed balances over afew days' time.
Where conditionsinfluencing the energy balance vary strongly, thislatter approach
is best suited to describing short time variations that are smeared out by averaging.

Note that the radiative components of the energy balance aswell asthe mass bal-
ance are usually measured in situ. The turbulent fluxes, however, are parameterized
using a bulk transfer formulation (see e.g. Section 3.3, Equation 3.11). Remember
that according to the sign convention introduced in Section 3.2, negative fluxes are
associated with positive changes of the snowpack’s internal energy, i.e. with an
energy gain. In Sections 3.5.1-3.5.3, mass fluxes are integrated over atime period
of oneday, with precipitations (accumulation) and runoff (ablation) having opposite
signs.
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3.5.1 High-€elevation alpine snow cover
Christian Pluss, Charles Fierz, and Paul M. B. Fohn

Relevance and characteristics

High apine seasonal snow covers are present in mountainous areas around the
world. Theduration and spatial distribution of alpinesnow coversisextremely vari-
able and depends mainly on the geographical location, the climatic conditions, and
the elevation of the mountain range. Alpine snow covers are of large economic and
social importance in many areas, for example as a water resource for hydropower
or as abase for tourism. In all apine areas the snow cover is an important climate
element because of its high albedo and low surface temperature. However, seasonal
apine snow covers may also cause natural hazards such as avalanches or flooding.
The snow cover of the Alps — situated in the heart of densely populated Europe —
meets all the above-mentioned issues and therefore considerable research effort has
been spent towards its investigation.

The central part of the Alps is seasonally snow covered from about December
to April above an altitude of 1000 m. The snow cover ishighly variablein time and
space because of both the complex topography and large differences in elevation
within the mountain range. Wind influence as well as variable elevation, slope
angles, and surface conditionslead to a highly structured snowpack being spatially
inhomogeneous at scales as small as a slope, contrary to the Arctic, Antarctic,
or prairie snowpack. Accordingly, the distribution of snow accumulation is very
difficult to investigate (Elder et al., 1989; Sturm et al., 1995).

Ste

The site of Weissfluhjoch lies in the eastern Swiss Alps near the town of Davos.
The measurement site is located at a horizontal site in a southeasterly slope at an
altitude of 2540 m asl. (46.83° N, 9.81° E). On this well-equipped site, daily
manual observations have been performed since 1936 and today most relevant
nivo-meteorological parameters are measured automatically at a half-hourly time
step (down- and up-welling shortwave and longwave radiation, air temperature,
humidity, wind speed, snow surface temperature, snow depth). The snow cover
lasts on average nine months (269 days), from mid-October to mid-July, and the
mean snow depth reaches its maximum around mid-April (221 cm). The mean
maximum snow water equivalent amounts to 857 mm w.e.

Energy balance

Energy balanceinvestigations over an alpine snow cover were performed mainly in
the European Alpsand the North American Rocky M ountains. Many of thesestudies



3.5 Examples of energy and mass balances 95

were performed over snow-covered glaciers under melt conditions (see Tables 3.2
and 3.3). All these investigations show that, on a daily basis, net radiation is the
primary energy source, while turbulent fluxes are generally of minor importance.

Along with the daily means of air temperature, wind, and abedo, the daily
means of energy fluxes at the surface and mass balance at Weissfluhjoch (eastern
Swiss Alps) are presented in Fig. 3.5. Using the af orementioned measured forcing
data, the snow-cover model SNOWPACK (Bartelt and Lehning, 2002; Lehning
et al., 20023, 2002b) computes the energy balance, allowing for the extracting of
parameterized turbulent fluxes.

Degspite the high albedo of the snow cover, the shortwave net radiation flux
S\ is the dominant energy source for the snow cover during most of the investi-
gation period. Longwave net radiation flux Ly is, in general, an energy loss and
depends mainly on cloud conditions. During the ablation period, net radiative flux
Ry is by far the dominant energy source for snowmelt. The magnitude of the tur-
bulent fluxes of sensible and latent heat, Hs and H, , respectively, are very small
on average, but the daily mean values may exceed the magnitude of net radia-
tive flux and are therefore not negligible for the investigation of short-term pro-
cesses. At Weissfluhjoch, the small average magnitude of the turbulent fluxes is
attributed firstly to the relatively small wind speed at this site and secondly to the
frequent changes of the weather patterns, which lead to changes of the sign of these
fluxes.

Modeling aspects

The high variability of the alpine snow cover in space and time proves to be very
difficult to model. Accumulation dependslargely on wind influence and small-scale
precipitation differences may lead to very inhomogeneous conditions. The energy
fluxes at the snow surface are highly variable due to topographic influence on the
radiation fluxes and due to high variability of the turbulent fluxes. Dozier (1980)
presented a spatially distributed model for shortwave radiation, Pliss and Ohmura
(1997) proposed a modeling approach for longwave radiation. For the turbulent
fluxes only very simple models have been proposed so far, despite the fact that over
melting snow, the turbulent fluxes may be of considerable importance (Olyphant
and Isard, 1988).

For ablation estimation, hydrologic models (see Kirnbauer et al., 1994) have
proven to successfully model the spatial distribution of ablation. Fierz et al.
(1997) showed that snow temperature profiles could be modeled on severa
aspects using a distributed energy balance model to drive a point snow-cover
model.
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Figure3.5. Daily meansand, where appropriate, daily minimaand maxima(shaded
band) at Weissfluhjoch during the winter 1995/96. The snow cover was continuous
from November 2, 1995 to June 11, 1996. Net surface flux is the sum of surface
fluxes, which correspondsto the net negative changerate of the snowpack’ sinternal
energy per unit area (—dH /dt) neglecting advective and ground heat fluxes (cf.
Equation 3.1). Total mass is the accumulated difference of precipitations (snow
and rain) to runoff, neglecting sublimation and evaporation (cf. Equation 3.4).

97
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3.5.2 Middle elevation alpine snow cover

Eric Martin

Relevance and characteristics

Col de Porteis quite representative of middle elevation sites in atemperate alpine
climate. Many ski resorts and hydropower stations in the Alps are located within
the same elevation range.

The climate is wet (2000 mm w.e. yr—1) because it is situated in the western
part of the European Alps. The mean winter temperature (December—February) is
—1°C. Rainfall eventsare common in winter. During thefirst part of thewinter, the
snowpack structureis highly variable; al grain types can be encountered. Because
of regular rainfall events, alayer of wet grainstopped by alayer of rounded grains
constitutes a typical winter snowpack. Depth hoar is encountered only in cases of
shallow snow cover and cold conditions. Surface hoar growth occurs severa times
inwinter.

Ste
At Col de Porte, at an dtitude of 1320 m as.l., the snow cover lasts an average
of five months, from the end of November to the beginning of May. The mean
maximum snow depth is 130 cm at the beginning of March. Snowmelt events may
occur at any time but ablation usually takes place after mid-March. The maximum
snow water equivalent varies generally between 200 and 500 mm w.e.

Screening of shortwave radiation isimportant in December and January because
of trees. At large scales, albedo is dependent on the presence of snow on branches
but it may sometimes also be affected by the deposition of fragments of needles.
Wind is generdly light.

Energy balance

The site is equipped with shortwave and longwave radiation sensors. Air tem-
perature, humidity, and wind speed are also measured at hourly time steps. Energy
bal ance investigations are made using the snow model CROCUS (Brun et al., 1989,
1992). Radiation terms are measured while the model calculates turbulent fluxes.
Parameterization of the latter fluxesis discussed in Martin and Lejeune (1997).
Along with the daily means of air temperature, wind and albedo, the daily means
of energy fluxes at the surface and mass balance at Col de Porte are presented in
Figs. 3.6 and 3.7 for the winter seasons 93/94 and 94/95, respectively. Turbulent
fluxes (sensible and latent heat) transfer heat from the atmosphereto the snow cover
as the atmosphere is usualy stable. March 1994 was very warm and snowmelt
occurred throughout this month. On the contrary, the first part of April was cold
and snowy beforethefinal melting period. 1n 94/95, melting only occurred in April.
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Figure3.6. Daily meansand, whereappropriate, daily minimaand maxima(shaded
band) at Col de Porte during the winter 93/94. The snow cover was continuous
from November 13, 1993 to May 5, 1994. Net surface flux is the sum of surface
fluxes, which correspondsto the net negative change rate of the snowpack’sinternal
energy per unit area (—dH /dt) neglecting advective and ground heat fluxes (cf.
Equation 3.1). Total mass is the accumulated difference of precipitations (snow
and rain) to runoff, neglecting sublimation and evaporation (cf. Equation 3.4).
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Figure3.7. Daily meansand, whereappropriate, daily minimaand maxima(shaded
band) at Col de Porte during the winter 1994/95. The snow cover was continuous
from December 31, 1994 to May 8, 1995. Net surface flux is the sum of surface
fluxes, which correspondsto the net negative change rate of the snowpack’ sinternal
energy per unit area (—d /dt) neglecting advective and ground heat fluxes (cf.
Equation 3.1). Total mass is the accumulated difference of precipitations (snow
and rain) to runoff, neglecting sublimation and evaporation (cf. Equation 3.4).
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The magnitude of net shortwave radiation islarge during the melting period (March
94 and April 95). The variations of the net longwave radiation are more complex.

Modeling aspects

Turbulent fluxes are probably the most difficult factor to take into account at this
site because of the complex topography. All types of snowpack can be encountered
at this site: cold or completely wet even in winter, which induces difficulties in
modeling the structure and layer texture of the snowpack.

3.5.3 Snow-covered seaice on a high arctic ice flow
Rachel E. Jordan

Relevance and characteristics

Between 1937 and 1991, Russian scientists embarked on 31 “North Pole” field
experiments within the Arctic Ocean. With the recent relaxing of East-West rela-
tions, the extensive set of meteorological, oceanographic and ice flow data from
these expeditions has been made available to Western scientists on a CD-ROM
(National Snow and Ice Data Center, 1996). There is now a general consensus
that energy exchange over the polar ice capsis of critical importance to long-term
climatological change. A comparison of historical data with that from the recent
SHEBA expedition (Persson et al., 2002; Uttal et al., 2002) may reveal emerging
trends in the surface energy balance of the Arctic Ocean.

Ste

The Russian drifting station North Pole 4 (NP-4) waswithin 5° latitude of the North
Polefrom April 1956 until April 1957. Instrumentation at the NP-4 siteisdescribed
by Kucherov and Sternzat (1959), Marshunovaand Mishin (1994), and Jordan et al.
(1999). The NP-4 site was characterized by high winds, fine-grained, dense snow,
and arelatively shallow snowpack. Spring, summer, and winter seasons had distinct
characteristics. Much of the snow was lost through melting during the summer and
melt ponds formed in the sea ice, causing extreme variability in abedo. Cloud
cover was heavy over the melting snow and the air temperature remained near 0°C.
In contrast, the amplitude of temperature swings associated with the passing of
synoptic systems was up to 40°C in winter (see Fig. 3.8).

Energy balance
Energy balance studies over arctic ice flows include works by Nazintsev (1963,
1964), Maykut (1982), Ebert and Curry (1993), Radionov et al. (1996), Lindsay
(1998), and Uttd et al. (2002). Jordan et al. (1999) describe in detail the NP-4 data
presented herein Fig. 3.8.
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Figure3.8. Daily meansand, whereappropriate, daily minimaand maxima(shaded
band) on snow-covered sea ice on a high arctic ice flow from April 30, 1956 to
April 3, 1957. Net surface flux is the sum of surface fluxes, which corresponds
to the net negative change rate of the snowpack’s internal energy per unit area
(—dH /dt) neglecting advective fluxes and heat flux from the seaice (cf. Equation
3.1). Total massisthe accumulated difference of precipitations (snow and rain) to
runoff, neglecting sublimation and evaporation (cf. Equation 3.4).
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Net shortwave radiation was the dominant energy flux to the snowpack during
the late spring and summer. During these seasons at NP-4, the turbulent fluxes
were close in magnitude and predominantly upwards, thus cooling the surface.
Figure 3.8 shows a positive radiation balance after mid-September and simultane-
ously the appearance of downward spikesin the sensible heat flux, which increase
in magnitude over the winter. The largest longwave radiation losses occurred under
cloudless skies and were primarily compensated by sensible heat exchange. Latent
heat fluxes were predominantly upward or evaporative. The magnitude of |atent
heat was small during the winter because saturation vapor pressure decreases expo-
nentially with temperature.

Figure 3.8 shows a high snow albedo between 0.8-0.9 for new snow and alow
albedo of 0.65 for older snow, near the value for bare ice. Snow cover persisted
throughout the summer at this location, with depths ranging between 3 and 8 cm.
About one-half of summer precipitation fell as snow and the increases in albedo
reflect thisin Fig. 3.8. The 1997-1998 SHEBA expedition, by contrast, reported
loss of snow cover by early August. The remaining surface mix of bareiceand melt
ponds had a much lower abedo than snow. Such dramatic alterations in albedo
lead to an ice abedo feedback (Perovich et al., 2002), which playsakey rolein the
energy budget of the high Arctic.

Modeling aspects

High arctic sites are subject to blowing and drifting snow and exhibit considerable
variability in snow depth. Thus, the wind transport of snow must be considered to
build realistic snow covers. Precipitation measurements reported here are corrected
for wind effects, evaporation, and wetting error (Yang, 1995; Jordan et al., 1999).
Because arctic snow isfine-grained and packed by wind, polar snowpacks are much
denser than their temperate counterparts. The density of newly fallen snow should
therefore be around 150-300 kg m~2 and increase with wind speed.

Sturm et al. (2002) infer an effective thermal conductivity of 0.33 W m~—t K1
from snow temperature profiles at SHEBA, which is higher than that for temper-
ate snow and also higher than recent field measurements by Sturm et al. (1997,
2002). Sturm et al. (2002) conclude that mechanisms other than one-dimensional
conduction may enhance the heat exchange within the polar snowpack. Jordan
et al. (2003) suggest that high winds may induce wind ventilation in the upper
10-20 cm of the snowpack and thereby increase its effective thermal conductivity.

Persistent radiative losses in winter lead to periods when the standard stability
correction for stable atmospheres can shut down sensible heat exchange. To avoid
unrealistically low surface temperature predictions, Jordan et al. (1999) therefore
replaced the usual log-inear stability function with one that maintains a minimal
turbulent exchange.
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3.5.4 Canadian prairies
John W. Pomeroy and Donald M. Gray

Relevance and characteristics

“Prairie’ snow seasonally covers northern continental grain-growing and grassland
regions of North America, Europe, and Asia. These snow covers impact both the
social and the economic aspects of the region because: a large proportion of the
population livesinrural districts, grain and livestock exports are globally important
food supplies, the region experiences long and severe winters and summer water
deficits, and agriculture and industry rely on long distance transport by road and
rail (Steppuhn, 1981).

Although snowfall only comprises about one-third to one-half of annual pre-
cipitation, snowmelt runoff often exceeds 90% of annual streamflow (Gray, 1970).
Spring floods caused by prairie snowmelt water are the most economically destruc-
tive natural phenomenain the U.S.A. and Canada and defensive measures such as
large “ring-dikes’ are used to protect major cities such as Winnipeg, Manitoba.

On the prairies, blowing snow erosion and sublimation may result in increased
water deficits, termed “northern desertification” in Russia (Dyunin et al., 1991),
which may be enhanced by the suppression and removal of natural vegetation. In
many areas, blowing snow stormsresult in winter restrictions on transportation and
a specialized design of infrastructure to minimize snow removal costs and snow
load damage (Tabler and Schmidt, 1986.)

Prairiesnow coverspersist from November to April. They aregenerally cold, dry,
and wind-packed. Blowing snow causesredistribution several times during awinter
season and resultsin dense (generally greater than 250 kg m—2), crusted and variable
(coefficient of variation of SWE 0.3-0.58) snow covers (Pomeroy et al., 1998b).
Snow accumulation is very sensitive to vegetation cover and topography, and the
depthsin sheltered sites can befive or six timesthat on exposed sites (Steppuhn and
Dyck, 1974; Pomeroy et al., 1993). In early spring the energy for melting snow is
largely derived from shortwave radiation and as melt progresses the magnitude of
net radiative flux generally increases due to the increase in magnitude of incoming
shortwave flux and the decrease in areal albedo due to the decreases in snow depth
andinsnow-covered area(O’ Neill and Gray, 1973). Advection of sensibleheat from
bare ground to snow has been shown to play an important role in the melting of a
patchy snow cover (Shook and Gray, 1997). Asaresult, areal melt rates are greatest
when the snow-covered areais between 40% and 60% (Shook, 1995). Ground heat
flux is negligible during melt because of the infiltration of meltwater into frozen
soils, which leads to the release of latent heat upon freezing and very small tem-
perature gradients near the soil surface (Zhao et al., 1997; Pomeroy et al., 1998b).



Plate 1.2. Mean seasona variation in snow (gray) and sea-ice cover (white) between
February (left) and August (right) asderived from satellite data. Datafrom NSIDC “Weekly
Snow Cover and Sea | ce Extent,” CD-ROM, NSIDC, 1996.

@

(b)

Plate 1.4. Comparison of mean March winter SWE (mm) simulated by the Canadian cou-
pled global climate model (CGCM3) for the 19812000 “current climate” period (@) with
simulated mean SWE for the 2081-2100 period (b) based on the SRES A2 emission sce-
nario. Data courtesy of the Canadian centre for climate modeling and analysis.
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Plate 4.1. Simulation of temporal evolution of snowpack layering at Col de Porte during
winter 1998/99. Each color represents a snow type (see Brun et al., 1992).
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Plate 4.2. Sensibility to ageing and grain size in abedo calculation on snow depth
simulations.
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Plate 4.3. Sensibility to albedo on snow depth simulations.
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Plate 4.4. Sensibility to water retention on snow depth simulations.
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Plate 4.5. Sensibility to the stability of the boundary layer on snow depth simulations.
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Plate 4.6. Sensibility to snow length roughness on snow depth simulations.
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Plate 4.7. Sensibility to snow-rain criterion on snow depth simulations.

Plate 4.14. Surface air temperature change in 15 coupled GCMs that have doubled atmo-
spheric CO, concentrations. All models show “polar amplification” and enhanced warming
in the Arctic compared to tropical latitudes. Taken from Holland and Bitz (2003).
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Plate 4.19. Differences between 2030-2050 averages from the climate-change simula-
tion and 130-year averages from the control of the Hadley GCM for (a) snow mass
(b) temperature and (c) snowfall. Taken from Essery (1997).
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Plate4.20. Annual timeseries(thinline), overlaid with nine-year running means(thick line),
of ensemble-mean January North American snow cover extent, including both twentieth
century and twenty-first century scenarios, for nine available coupled atmosphere-ocean
GCMs. Taken from Frei and Gong (2005).
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Plate’5.2. Monthly Northern Hemisphere snow cover (1966—-2005) and seaice extent (1978—
2005) climatol ogies (Source: NSIDC Northern Hemisphere EASE-Grid Weekly Snow Cover
and Sea | ce Extent Version 3, 2005).

Plate 5.3. Northern Hemisphere monthly SCA, 1978-2005, from NOAA snow charts
(orange) and microwave satellite (purple/green) data sets.



Plate 5.4. Comparison of mean monthly Northern Hemisphere snow extent derived from
visible and passive microwave satellite data, 1978-2005 (50% or more of the weeksin the
particular month over the total time period classified as snow covered).

Plate 5.5. Northern Hemisphere SCA departures from monthly means, 1978-2005, from
NOAA snow charts (orange) and microwave satellite (purple/green) data sets. The NOAA
time seriesfor this period exhibits a significant decreasing trend of —2.0% per decade (solid
orange line); the microwave snow-cover time series exhibits a decreasing trend of —0.7%
per decade that is not significant at a 90% level (dashed green line).
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Kernen Farm (500 m a.s.l.) is east of the City of Saskatoon (52° N, 107° W) in the
central southern half of the Province of Saskatchewan, Canada. Thefarm issituated
on an open, flat, lacustrine plain, which is cropped to cereal grains and pulse crops
under the practice of dryland farming (Shook and Gray, 1996). Treesare limited to
farmyards, which are located several kilometers distant from the site. The climate
issubhumid and typical of northern prairieswith cold winters and continuous snow
cover from late November to early April.

Experiments were conducted in December 1998 and March 1999 at level sites
with continuous snow cover on fields of uniform short vegetation or fallow. Energy
balance and rel ated parameters were measured and recorded half-hourly using eddy
correlation equipment (Gill Instruments “ Solent” or Campbell Scientific “CSAT”
sonic anemometers, Campbell Scientific“Krypton” hygrometers, finewirethermo-
couplecontrolled by adatal ogger for covariance cal culation), Radiation and Energy
Balance System“REBS’ net radiometersand ground heat flux plates, “NRG40” cup
anemometer, “ Everest” infrared thermometer, “Vaisala® HM P35CF platinum resis-
tance thermometers, Campbell Scientific“ SR-50" ultrasonic snow depth gauge and
University of Saskatchewan blowing snow particle counters (Brown and Pomeroy,
1989; Shook and Gray, 1997; Pomeroy et al., 1998b, 1999b). During the measure-
ment periods, the sites were frequently manned, which provided a high confidence
in the observations.

Energy balance

Two energy balances and related measurements are shown in Figs. 3.9 and 3.10.
As stated previously, negative values indicate downward fluxes. Figure 3.9 shows
fluxes during an early winter snow accumulation period with blowing snow,
Fig. 3.10 shows fluxes during a snow warming and melt sequence in spring. The
snow accumulation period (Fig. 3.9) shows a characteristic prairie weather pattern
of highly variable meteorology associated with the passage of frontal systems.

On 17 December the air temperature warmed to slightly above freezing, then
dropped dramatically with strong windsto below —20 °C in about 12 hours. During
this cooling period snowfall and blowing snow were recorded and the lower surface
boundary layer remained well mixed. Over the next two days the temperature
dropped below —30 °C (by 20 December) with lower wind speeds and a stable
lower surface boundary layer forming. During short periods around mid-day, the
magnitude of net radiation was small but negative (peak —20 to —90 W m~2), how-
ever at other times it was positive, reaching 40 W m~2, while staying smaller than
10 W m~2 during cloudy nights. Turbulent fluxes are enhanced over that expected
from smooth snow covers because of exposed vegetation (snow depth <10 cm,
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Figure 3.9. Direct measurements made during a snow accumulation period
with blowing snow in December, 1998, Kernen Farm, Saskatoon, Saskatchewan,
Canada. (a) Fluxes of net radiation, latent heat, and sensible heat, measured 1 m
(net radiation) and 2 m (turbulent fluxes) above the snow cover, aswell as ground
heat flux measured 5 cminto the soil and (b) snow surface temperature, air temper-
ature, and wind speed measured 1.3 m above the snow surface as well as blowing
snow particle flux (measured 0.2 m above the snow surface) and snow depth.



Net energy change rate (W m-2) Energy fluxes (W m-2)

Temperature (°C)

100

3.5 Examples of energy and mass balances

-100

-200

=300

Net radiation
—-—- Ground heat
------ Latent heat

— —— Sensible heat

-400

400

300 |

200

100

-100

(b)

o N b OO 00 O

-10

7 — — — Air temperature
""" Snow temperature

Wind

18 Mar
0000

18 Mar 18 Mar 18 Mar 19 Mar 19 Mar
0600 1200 1800 0000 0600 1200

19 Mar

19 Mar
1800

107

Wind (ms-1)

-10

20 Mar
0000

Figure 3.10. Direct measurements made during asnowmelt periodin March, 1999,
Kernen Farm, Saskatoon, Saskatchewan, Canada. (a) Fluxes of net radiation, latent
heat, and sensible heat, measured 1 m (net radiation) and 2 m (turbulent fluxes)
above the snow cover, aswell as ground heat flux measured 5 cm into the sail, (b)
net change rate of the snowpack’s internal energy per unit area (d#/dt). Positive
values correspond to either warming or melting (cf. Equation 3.2), and (c) snow
temperature at mid-pack depth aswell asair temperature and wind speed measured
1.3 m above the snow surface.
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patchy grass height approximately 25 cm) and are strongly affected by the occur-
rence of blowing snow. During the blowing snow event from 17 to 18 December,
latent heat fluxes peak at 60 W m~2 and become small or negligible after that.

Sensible heat flux peaks at up to 50 W m~2 during cold, relatively calm, negative
radiation periods (18-20 December). During cold, relatively calm, positiveradiation
periods, sensible heat isgenerally slightly negative, with peak valuesat —30 W m—2
but most often not lower than —20 W m~2. A notableflux inthisearly winter period
is the consistently positive ground heat flux into the snowpack, which becomes
prominent (3040 W m~2) as cooling of snow and air proceeds (18-20 December).
The blowing snow event did not result in alarge increase in snow depth but density
increased from near 100 to 140 kg m~3 due to theimpact of saltating snow particles
and subsequent sintering.

An exemplary snowmelt period (Fig. 3.10) occurred in March 1999 over a
smooth, continuous snow cover (average depth = 14.5 cm, density = 330 kg
m~3). Internal temperatures show that the snowpack warmed from —5 °C on 18
March to isothermal conditions as temperatures reached nearly 0 °C on 19 March.
The magnitude of daytime net radiation was large but negative, peaking at
—182 W m~2 on 18 March (cloudy) and —360 W m~2 on 19 March (mostly
clear). The preceding melt was a small blowing snow event (wind speed peak 7 m
s1) early on 18 March. The largest latent heat fluxes of the period (50 W m~2)
occurred during this event. The magnitude (<6 W m~2) of the ground heat flux was
quite small on both days, becoming slightly negative and thus directed to the soil
as the snowpack warmed. Despite wind speeds of up to 5.5 m s™2, turbulent fluxes
during the melt were small and similar in size (peak 40 W m~2), much smaller than
the magnitude of net radiation. The net energy change rate shows a large positive
input to the snowpack on both days (see Equation 3.1). On 18 March warming
snow temperatures suggest that this positive input increased the internal energy of
the snowpack while constant internal temperatures on 19 March imply that most
went into snowmelt (see Equation 3.2). This melt period was ephemeral and the
snowpack returned to subfreezing conditions at the end of 19 March.

Modeling aspects

Relatively uniform, level prairie snow covers should be one of the most success-
ful types of snow for physical models; however, the complexity of prairie snow
phenomena have resulted in several modeling challenges towards which long-term
process research has been directed (Male and Gray, 1975, 1981; Pomeroy et al.,
1998b). Shook and Gray (1994) described the variation of depth and density and the
influence of covariance between these properties in determining areal snow mass.
Granger and Male (1978) measured the turbulent exchange over melting prairie
snow and derived stability corrections for eddy diffusivities for water vapor and
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heat with respect to momentum transfer; these corrections dampened the turbulent
exchangefrom the normal log-inear formulations (e.g. Webb, 1970). Shook (1993,
1995) studied the depletion of the snow-covered area during melt and showed that
changesin areal albedo can be adequately explained by the decrease in the snow-
covered area and the assumption that albedo does not change significantly during
melt. Shook (1995) found that the advection of sensible heat could contribute sub-
stantial melt energy when snow cover was incomplete. Pomeroy et al. (1998h)
examined the performance of certain land surface schemes for prairie snowmelt
and found that turbulent fluxes and ground heat flux were generally overestimated.

3.5.5 Boreal forest
John W. Pomeroy and Richard J. Harding

Relevance and characteristics

The boreal forest in winter is a complex mosaic of land surface types varying
from closed coniferous canopies, mixed-wood deciduousforests, sparsely vegetated
areas (clearings, wetlands, clear-cuts, burns) to ice and snow-covered lakes. At
roughly 20% of the earth’sland area, the boreal forest isthe largest terrestrial type
of land cover and extends in a circumpolar band across North America, Europe,
and Asia. Canada, Russia, and the Scandinavian countries are dominated by boreal
forest, although in most cases it lies to the north of major population centers.
Economic activities in the boreal forest center on forest harvesting, tourism, and
mining, yet many boreal forests retain an indigenous aboriginal population whose
members conduct aspects of atraditional hunting, fishing, and gathering lifestyle.
Thelarge number of lakes and rivers (up to 40% of some boreal regionsare covered
by water) promote fishing and water transport that has been fundamental to the
development of northern Canadaand Siberia. Recent environmental concernsfocus
on the extensive clearcutting of boreal forest in Canada and Russia, episodic acidic
precipitation (including snow) from anthropogenic pollution, and the apprehension
that climate warming will result in a mgjor northward shift in the borea climate
zone and loss of forest lands in the southern boreal forest.

One distinction of the boreal forest in comparison to more temperate forestsis
itslong snow-covered period and cold winter temperatures (Harding and Pomeroy,
1996). The depth, density, and duration of snow cover is ecologically important
to mammals and various microbia life-forms in this forest; in some cases the
snow cover provides a thermally moderated habitat, in others a means of avoid-
ing predators (Jones et al., 2001). Boreal forest productivity and carbon cycling
are strongly influenced by the supply of available nitrogen and soil moisture.
Snow influences productivity and carbon cycling by providing, upon melt and
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infiltration, a significant portion of the annual water and inorganic nitrogen input
(Pomeroy et al., 1999a). The global boreal forest exerts a strong control on cli-
mate and because of its low winter albedo, its removal and the resulting higher
albedo in spring might result in a cooling of the Northern Hemisphere (Thomas
and Rowntree, 1992). Snowmelt provides40-60% of annual streamflow from boreal
forests, with increasesin snowmelt runoff of 24—75% when forest cover isremoved
(Hetherington, 1987).

Boreal forest snow covers are strongly influenced by the forest canopy, itsinter-
ception of snow and radiation and dampening of wind speed and mixing above the
snowpack’s surface. Pomeroy et al. (1998a) observed in a mixed range of boreal
forest cover types that 20-65% of cumulative snowfall was intercepted in early
winter, and 10-45% of snowfall sublimated over the season. Leaf area strongly
controls interception efficiency (Hedstrom and Pomeroy, 1998) and clearcutting
or conversion of coniferous stands to deciduous species reduces interception to
insignificant levels (Pomeroy and Granger, 1997). The energetics of intercepted
snow in the boreal forest have been studied by Nakai et al. (1993, 1994, 1999),
Lundberg and Halldin (1994), Harding and Pomeroy (1996), Pomeroy and Dion
(1996), Pomeroy et al. (1998a) and Parviainen and Pomeroy (2000). These studies
show that the albedo of snow-covered forest canopies is low (<0.2), that subli-
mation rates up to 3 kg m—? d~* are possible from snow-covered canopies and
that the direction and magnitude of sensible and latent heat fluxes are influenced
by the presence of snow in the canopy because it represents a “wetter,” cooler
surface than a snow-free canopy. Parviainen and Pomeroy (2000) suggest that sub-
limation is driven by local-scale advection of sensible heat from exposed branches
heated in the sun to intercepted snow clumps and that the efficiency of this advec-
tion is related to the fractal geometry of intercepted snow clumps (Pomeroy and
Schmidt, 1993).

Studies of snow under the canopy have been directed towards snow accumula-
tion and melt prediction. Boreal forest snow covers have relatively low coefficients
of variation of snow water equivalent (0.04-0.14) and maximum densities near
200 kg m~2 (Pomeroy et al., 1998b). At small scales, the snow water equivalent
generally decreaseswith distance from coniferoustree stems (Woo and Steer, 1986;
Jones, 1987; Sturm, 1992) and at stand scales it decreases with increasing canopy
density (Kuz'min, 1960; Pomeroy and Gray, 1995). The forest cover attenuates
the magnitude of incoming shortwave radiation and large-scal e advection of warm
air, reducing the “ connectivity” between subcanopy snow and the atmosphere. Ni
etal. (1997) and Pomeroy and Dion (1996) have measured and model ed winter sub-
canopy radiation and found its magnitude greatly reduced from the above canopy
values and strongly dependent on solar zenith angle, leaf area, and needle orienta-
tion. Typically, subcanopy net radiation in a mature conifer stand is one-tenth that
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above the canopy at the time of snowmelt. Daviset al. (1997), Hardy et al. (19973,
b), and Metcalfeand Buittle (1995, 1998) have measured and model ed snow ablation
under boreal forest canopies and conclude that though the magnitude of net radia-
tion is strongly reduced in forests and decreases with increasing canopy density, it
still comprises the largest component of the energy bal ance because the subcanopy
snow albedo drops substantially during melt as forest leaf litter and debris in the
snowpack are exposed and because subcanopy turbulent fluxes are extremely small
in magnitude and usually of the opposite direction. Faria et al. (2000) suggest that
because subcanopy snowmelt energy and the pre-melt snow water equivalent havea
gpatial covariance, depletion of the snow-covered areais accelerated as the covari-
ance increases. Pomeroy and Granger (1997) compared melt ratesin various forest
types and found that melt timing was accel erated three-fold in a clear-cut compared
to under amature boreal forest canopy because the net melt energy was up to four
times greater in the clear-cut.

Ste

Beartrap Creek (550 m a.s.l.) isaresearch basin, located at 54° N, 106° W, near the
village of Waskesiu Lake, in Prince Albert National Park, Saskatchewan, Canada.
Thesite hasbeen the subject of intenseinvestigations of boreal forest hydrology and
climate under the Mackenzie global energy and water cycle experiment (MAGS),
Prince Albert model forest hydrology study, and borea ecosystem—atmaosphere
study (BOREAS). The region has a subhumid continental climate with six months
of snow cover during a cold dry winter that experiences few melt events until
April. Mean annual precipitation is 463 mm w.e. of which 33% occurs as winter
snowfall. Topography is rolling with 700 m of local relief. Forest cover is typical
of mature southern boreal forest: pine and mixed stands of aspen and white spruce
on uplands, spruce, larch, and open muskeg in lowlands and about 15% covered by
lakes.

The site studied is a mature, slightly open jack pine (Pinus banksiana) stand,
16-22 m tall with a winter leaf and stem area index of 2.2 m? m~2 and canopy
coverage of 82%. The fetch is level and uniform for about 100 m. Experiments
were conducted in March, 1994 and 1996, using a canopy access tower (27 m).
At the tower top two eddy correlation flux systems were installed, an Institute
of Hydrology “Hydra’ system for sensible and latent heat and a Gill Instruments
“Solent” 3-axis sonic anemometer (Harding and Pomeroy, 1996). Above canopy
net radiation and ground heat flux were measured using radiation and energy bal-
ance systems “REBS’ net radiometers and heat flux plates and below canopy net
radiation was measured using a Delta “T” tube net radiometer. Above canopy
wind speed was measured using an RM Young propeller anemometer and temper-
ature using a Vaisala HMP35CF hygro-thermometer. The intercepted snow load
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was measured using a suspended full size pine tree, which was weighed with an
in-line force transducer (Hedstrom and Pomeroy, 1998). Weight of snow on the
tree (kg) was converted to an areal mass (kg m~2) using an empirical conver-
sion developed from comparing event-based snow interception on the single tree
to areal interception determined from above canopy snowfall measurements and
changesin snow accumulation along aline of 25 snow survey pointsin subfreezing
conditions.

Energy balance

Two sets of energy balance and related surface conditions are shown. Figure 3.11
shows sensible and latent heat flux measurements made with a Hydra and checked
against a Solent sonic anemometer along with net radiation above the canopy
over a five day period in late March 1994. Fresh snowfall resulted in an initial
intercepted load of about 4.5 kg m~2 on 27 March which then sublimated in
temperatures ranging from —13 to 0°C until the end of 29 March, when above
freezing temperatures (5°C) resulted in melt and the unloading of any remaining
SNow.

Daily maximum temperatures then increased dramatically to 17 °C on 31 March
resulting in some early melt under the canopy. Four days had high net radiation
inputs, i.e. negative peaks ranging from —450 to —500 W m~2, while 28 March
was overcast with a peak net radiation of only —100 W m~2. When snow was in
the canopy (27-29 March), daytime latent heat fluxes were directed away from
the surface at approximately one-half the magnitude of net radiation. Sensible
heat fluxes over the snow-covered canopy were similar in magnitude and direction
to latent fluxes on the high-insolation days (27 and 29 March) but negligible on
28 March when low insolation resulted in minimal canopy heating. When the
canopy snow load ablated (30 March), the daytime magnitude of sensible hesat flux
remained half that of net radiation but | atent heat became negligible early in the day
and directed downward | ater in the day. On the 31 March sensible heat behavior was
unchanged but latent heat became directed upward at one-half the magnitude of
sensible heat. This may reflect evaporation from melting snow beneath the canopy
or, more likely given the magnitude, transpiration from the pine canopy induced by
extraordinarily warm temperatures. The weighed tree did show some weight loss
in this period reflecting desiccation due to evapotranspiration.

Figure 3.12 shows a consistently subfreezing sequence from the same site on
16-18 March 1996. A Solent sonic anemometer measured sensible heat fluxes (not
latent) and the ablation rate of intercepted snow was measured using the weighed
tree. The ablation rate was converted to equivalent energy units (flux) asif al the
energy was consumed for phase change to vapor (a reasonable assumption given
the —15to —1°C air temperatures).
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Subcanopy net radiation and ground heat flux were also measured. An initial
snow load of 4.2 kg m—2 ablated to 1.5 kg m~2 at the end of 16 March (strong
winds, cold temperatures, and high insolation) and completely ablated by the end
of 17 March. In this case sensible heat flux showed similar behavior to that in
Fig. 3.11, at about one-half the magnitude of net radiation when the canopy is snow
covered, increasing to three-quarters when snow free. Latent heat flux estimated
from ablation equal ed the sensible heat magnitude on thefirst (most snow-covered)
day, then dropped to one-half the sensible magnitude on the second day and became
negligible on the third day (snow-free canopy). Subcanopy net radiation was never
more than one-tenth that of above canopy values, but remained slightly positive
on 16 March when fresh snow covered the canopy and, along with a cool air
mass, suppressed canopy temperaturesand therefore downward longwaveradiation.
Ground heat fluxeswereextremely small in magnitude and slowly fluctuated around
zero.

Modeling aspects

The snow-covered canopy represents a separate snow layer that warrants its own
mass and energy balance but is not represented by many land surface schemes
(Essery, 1997). For instance, the ECMWF model recently used a routine that set
the boreal forest canopy abedo to a high value (0.8) after a snowfall. When cor-
rected to amuch lower and appropriate value, air temperature predictionsimproved
dramatically over the boreal region (Betts and Ball, 1997). CLASS and SiB are
exceptions that do consider canopy snow, but calculate the snow interception pro-
cessinasimilar manner to rainfall and therefore underestimate intercepted |oad by
an order of magnitude for large snowfalls (Pomeroy et al., 1998b). The intercep-
tion models of Calder (1990) and Hedstrom and Pomeroy (1998) provide possible
corrections to these schemes. Turbulent fluxes above a snow-covered canopy can
be calculated using a resistance scheme with resistance set at 10 times the val ue of
arain-wetted canopy (Lundberg et al., 1998) or by varying theratio of bulk transfer
coefficients with snow load (Nakai et al., 1999). Parviainen and Pomeroy (2000)
modeled the Beartrap Creek pine site using a nested control volume approach in
which an energy and mass balance was conducted for an intercepted snow control
volume, using the Reynolds number to calculate turbulent transfer between the
intercepted snow and the atmosphere. The CLASS land surface scheme was then
coupled to this small-scale calculation to calculate turbulent transfer between the
canopy and atmosphere. Using a geometric radiative transfer model (GORT) to
calculate subcanopy radiation (Ni et al., 1997) and SNTHERM to cal culate snow-
pack heat fluxes, snowmelt modeling was successful when snow surface albedo
was reduced during melt and turbulent heat fluxes were given small values (Hardy
et al., 1997b).
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